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Abstract The rates of Fe–Mg interdiffusion in the Earth’s materials are of fundamental

importance to a wide range of geochemistry and geophysics problems. In order that the

Earth Scientist may readily apply the available experimentally determined diffusion rates

to such problems, a brief review of experimental data for Fe–Mg interdiffusion in mantle

minerals is presented concerning new advances and some recent applications. Perspectives

for the future are also suggested.

Keywords High temperature and high pressure · Mantle mineral · Fe–Mg interdiffusion ·

Point defects

1 Introduction

Diffusion in solids is an important topic of materials science, physical metallurgy, mate-

rials science, geosciences and many other areas. Solid-state diffusion of cations in silicate

minerals has been recognized to play a fundamental role in numerous geodynamical,

petrological and geochemical processes involving mass transport (Ganguly 2002; Watson

and Baxter 2007; Chakraborty 2008; Brady and Cherniak 2010). Hence, knowledge of

diffusion coefficients allows constraints to be placed upon timescales and thermodynamic

conditions in many natural contexts where mass transport is dominated by solid-state

diffusive processes.

Fe and Mg are very important elements in the Earth and terrestrial planets. Study of the

rates of Fe–Mg interdiffusion in silicate minerals is clearly of fundamental importance in

enhancing our understanding of geological and planetary processes. For instance, Fe–Mg

interdiffusion in silicate minerals is of interest in petrological studies for determining the
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closure temperature of geothermometers and for determining timescales of various pro-

cesses such as magma ascent, magma mixing, cooling of lava flows, volcano eruption and

tectono-metamorphic event (e.g., Ganguly and Tirone 1999; Ganguly 2002; Chakraborty

2008; Borinski et al. 2012; Müller et al. 2013; Dohmen et al. 2016). It is also relevant for

studies of many physical and chemical problems in the Earth’s interior, such as rheology

(Demouchy et al. 2007), chemical heterogeneities (Chakraborty et al. 1999; Yamazaki and

Irifune 2003; Holzapfel et al. 2005, 2009), electrical conductivity (Farber et al. 2000; Hier-

Majumder et al. 2005; Otsuka and Karato 2015), P–T–t paths of metamorphic rocks

(Ganguly 2002; Chakraborty 2008), thermal history (cooling rate) of terrestrial ultramafic

rocks (Liermann and Ganguly 2002), reaction mechanisms of minerals (Ganguly and

Tazzoli 1994).

Very considerable efforts have been directed toward the determination of more accurate

diffusion coefficients for a wide range of elements in a wider range of minerals, together

with the new experimental tools that are just becoming available (including high-pressure

techniques and analytical tools). To date, a significant body of experimental diffusion data

now exists in the literature, and partial reviews for systems and materials of geological

interest are available (Freer 1981; Brady 1995; Ganguly 2002; Béjina et al. 2003; Watson

and Baxter 2007; Chakraborty 2008, 2010; Brady and Cherniak 2010; Cherniak and

Dimanov 2010). All of these treatments are based on the same general concepts of dif-

fusion, which do not need restating here in great detail. This review mainly focuses on a

compilation of fairly new advances in experimental laboratory work on Fe–Mg interdif-

fusion in mantle minerals, starting with a simple introduction about fundamentals of

diffusion and experimental techniques and then following by discussions about the

available data and its applications. Finally, some suggestions for directions of future

development are addressed.

2 Fundamentals of Diffusion and Experimental Measurement Techniques

2.1 Basic Principles of Diffusion

Diffusion is a process by which thermally activated atoms, ions, and molecules in materials

are transported from one part of a system to another as a result of random molecular

motions (Crank 1975; Zhang 2010). The random motion leads to a net flux when the

concentration of a component is not uniform. The initially concentrated atomic species will

“diffuse out” as time goes on. Therefore, in a diffusion process, the species tend to diffuse

from a highly concentrated region to a less concentrated region, and leads to homogenize

the materials.

The equations governing diffusion processes are Fick’s laws. The mathematics of the

random-walk problem allows us to go back and forth between the diffusion coefficient

defined in Fick’s laws and the underlying physical quantities of diffusing atoms. This

viewpoint is most exciting since it transforms the study of diffusion from the question how

a system will homogenize into a tool for studying the atomic processes involved in a

variety of reactions in solids. A deeper physical understanding of diffusion in solids is

based on random-walk theory and the atomic diffusion mechanism, which are discussed

elsewhere (Ganguly 2002; Mehrer 2007; Zhang 2010).

There are many types of diffusion in nature and experimental studies. Because diffusion

involves a diffusing species in diffusion medium, it can be classified based on either the
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diffusion medium or the diffusing species. When considering the diffusion medium,

thermally activated diffusion may be classified as volume diffusion and grain-boundary

diffusion. Volume diffusion (also called lattice diffusion) refers to atomic diffusion within

a crystalline lattice. In volume diffusion, the diffusion medium can be either isotropic or

anisotropic. Both melts (and glasses) and isometric minerals are isotropic diffusion media,

but non-isometric minerals are in general anisotropic diffusion media (although in some

cases, the dependence of diffusivities on the direction is weak). Grain-boundary diffusion

is diffusion along interphase interfaces, including mineral–fluid interfaces (or surfaces),

interfaces between the same minerals, and those between different minerals. For example,

Fig. 1a illustrates several diffusion pathways in a polycrystalline materials, including

diffusion along surface, grain boundaries, crystal lattice, and intergranular boundaries in a

rock; or diffusion along subgrain boundaries, dislocations, stacking faults, and lin-

ear/planar defect-free crystal lattice in a single crystal. As a consequence, diffusion rates of

different elements in the various materials are spread over many orders of magnitude at any

given conditions. Figure 1b shows the overall range of log D values versus reciprocal

temperature 1/T in the complicated Earth materials. It should be noted that the slowest-

diffusing species are carbon self-diffusion in graphite and tetravalent ions diffusion in

zircon, but their rates are at least lower by 15 orders of magnitude than diffusion in

aqueous fluids.

When considering differences in the diffusing species, the diffusion can be classified as

self-diffusion, tracer diffusion, interdiffusion coefficient, or chemical diffusion that can be

further distinguished as trace element diffusion, binary diffusion, multispecies diffusion,

multicomponent diffusion, and effective binary diffusion. It should be pointed out that all

of these aspects, in principle, as a function of composition, have been reviewed by Ganguly

(2002) and Zhang (2010) in some detail. Chemical interdiffusion coefficient refers to the

case of diffusion of two components (A and B) with or without the same charge in a binary

system. In general, fluxes of different species are coupled due to constraints of elec-

troneutrality and conservation of lattice sites in a crystal. Chemical interdiffusion

coefficient usually varies with concentration (i.e., with distance across the interdiffusion

Fig. 1 a Schematic drawing various models of diffusion in a polycrystalline material [modified after
Chakraborty (2008)]. Three types of diffusion paths (surface, volume and grain boundary) are indicated.
b Arrhenius plot showing diffusion coefficients in geological materials [modified after Watson and Baxter
(2007) and reference therein]
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zone) and becomes complicated because interdiffusing species experience thermodynamic

effects on top of their intrinsic mobilities, but this can be addressed using the Boltzmann–

Matano approach (Shewmon 1963). However, rigorous mathematical treatment of chem-

ical diffusion involves determination of the interdiffusion coefficient has been compiled by

Ganguly (2002) and Mehrer (2007).

2.2 Diffusion Mechanism

When the random-walk model is expanded to take into account the real structures of solids,

it becomes apparent that diffusion in crystals is dependent upon point defect concentra-

tions. This statement mainly derives from two features: one is the ability of point defects to

move through the crystal and to act as “vehicles for diffusion” of atoms; another is their

presence at thermal equilibrium. In an ideal (defect-free) crystal, mass and charge density

have the periodicity of the lattice. However, the creation of a point defect disturbs this

periodicity. Point defects occur only at or around a single lattice point site and are not

extended in space in any dimension. Various types of point defects (vacancy, interstitial

and substitutional defects) can present thermally in many materials including metal, ionic

and molecular crystals (Mehrer 2007; Fei 2013).

Vacancy defects are lattice sites in a crystal which should be occupied by a regular atom

or ion, but actually are vacant (Fig. 2). The neighboring atoms or ions could jump into the

vacant site, and the vacancy moves in the opposite due to thermal vibration. When cations

and anions move to the crystal surface and leave vacancies in their original sites, such

cations and anions vacancies are called Schottky defect. Interstitial defects are atoms that

occupy a site in the crystal structure at which no atom or ion usually occupies (Fig. 2).

When an ion moves into an interstitial site forming a defect pair, a vacancy on the regular

site and an interstitial defect, this nearby pair of a vacancy and an interstitial is called a

Frenkel defect. Materials in the nature are never 100% pure. Impurity atoms or ions are

frequently incorporated into a crystal. This is neither a vacant site nor a regular atom on an

Fig. 2 Vacancy, interstitial and substitutional defects in a crystal. Different colors of spheres represent
different types of atoms. Note that, VX

M represents neutral metal (M) vacancy; Mi denotes interstitial metal
(M); Mx indicates M atom occupied the position of X atom; XM is a substitutional atom (X) located in an
interstitial site (M)
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interstitial site, and it is called a substitutional defect (Fig. 2). The substitutional defects

could locate in a regular atomic site or in an interstitial site.

As outlined above the hopping motion of atoms gives rise to diffusion in solids.

Therefore, the atomic mechanisms of diffusion in crystalline materials are closely con-

nected with defects. Various atomic mechanisms of diffusion in crystals have been

identified and are catalogued: vacancy mechanism, interstitial mechanism, divacancy

mechanism, interstitialcy mechanism, interstitial-substitutional exchange mechanism. On

the other hand, dislocations, grain/phase boundaries, and free surfaces are other types of

defects of crystalline solids. They can act as diffusion short circuits, because the mobility

of atoms along such defects is usually much higher than in the lattice. However, by far the

most prominent mechanisms among them are the vacancy mechanism and the interstitial

mechanism. For more comprehensive understanding of the field of point defects and the

diffusion mechanisms in crystals, the reader is referred to the textbooks (e.g., Shewmon

1963; Bokshtein et al. 1985; Borg and Dienes 1988; Chiang et al. 1997; Mehrer 2007;

Tilley 2008).

2.3 Dependence of Diffusion on Thermodynamic Variables

In any given diffusion problem, the concentration gradient is controlled by the initial and

boundary conditions. Generally speaking, more than one point defect species may be

present in a crystal at any temperature, and the amount of matter transported by diffusion

will depend upon the number of each defect type present. Therefore, the values of diffusion

coefficients in any real system are controlled by thermodynamic intensive variables, such

as temperature, pressure, oxygen fugacity, composition, water, the state of strain/defor-

mation, and anisotropy.

2.3.1 Temperature

The atomic jump process is a thermally activated process, and the rate of atomic jump

increases significantly with temperature. Thus, the diffusion coefficient, D, depends

strongly on temperature. The temperature dependence of diffusion coefficients is generally

found to obey the Arrhenius equation:

D ¼ D0 exp �DE
RT

� �
ð1Þ

where D is the measured diffusion coefficient, D0 is a constant term referred to as the pre-

exponential factor, ΔE is the activation energy of diffusion, R is the gas constant, and T is

the temperature (K). In an Arrhenius diagram, the activation energy can be determined

from the gradient of a plot of lnD versus 1/T. Diffusion coefficients found in the literature

are usually expressed in terms of the Arrhenius equation D0 and ΔE values. Some rep-

resentative values for Fe–Mg interdiffusion coefficients are given in Tables 1, 2, 3 and 4.

2.3.2 Pressure

In the view of thermodynamics, pressure could also affect the equilibrium state by influ-

ence on the Gibbs free energy and therefore affect the concentration of defects,

sequentially affect the diffusion coefficients. A variation of the diffusivity with pressure is
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largely due to the fact that the Gibbs free energy of activation varies with pressure

according to:

DG ¼ DH � TDS; DH ¼ DE þ PDV ð2Þ
where ΔG is the Gibbs free energy, ΔH is the activation enthalpy, ΔS is the activation

entropy, ΔE is the activation energy, ΔV is the activation volume, which can be either

positive (leading to a decrease of D with increasing P) or negative (leading to an increase

of D with increasing P). The diffusion coefficient at variable pressure P and temperature T,
D (P, T), is then given by:

D ¼ D0 exp �DE þ PDV
RT

� �
ð3Þ

Although the effect of P on D is small compared to the temperature dependency, but this

effect could become significant under the enormous pressure conditions as that in the

Earth’s interior because pressure can vary widely from the surface to the deep Earth. It is

worth noting that, due to the technical difficulties of performing high-pressure diffusion

experiments in the laboratory, such pressure dependence has not been investigated well for

many systems. This remains an important task for experimentalists in future.

2.3.3 Oxygen Fugacity

In the Earth’s interior, most minerals and rocks containing variable valence elements, such

as iron, oxygen fugacity (fO2
) is expected to influence the diffusion property by changing

the defect concentrations through the change of oxidation state of multivalent element and

by changing the defect sites in the structure. For example, the homogeneous redox equi-

librium of iron in ferropericlase, (Mg, Fe)O, is governed by the reaction using the Kröger–

Vink notation (Ganguly 2002; Zhang 2010):

6FeXFe þ O2ðgasÞ � 4Fe�Fe þ 2FeOþ 2V
00
Fe ð4Þ

where x, ´ and · stand for neutral, negative and positive, respectively. VFe denotes the

vacancy in Fe lattice site. Equation (4) suggests the diffusion coefficient is approximately

proportional to the 1/6 power of oxygen fugacity. It should be noted that fO2
affects the

diffusion coefficient not just of Fe, but also that of other cations. Previous experimental

investigations (Chakraborty et al. 1994; Dohmen and Chakraborty 2007) have demon-

strated that the dominate diffusion mechanism could change as a function of Fe

concentration and fO2
. The vacancy diffusion plays the dominant role at fO2

above the

minimum, whereas the interstitial diffusion plays the dominant role at lower fO2
.

2.3.4 Water

Nominally anhydrous minerals (NAMs) of Earth’s mantle (olivine and its high-pressure

polymorphs, pyroxenes, garnet, etc.) can incorporate “water” as the speciation of H+,

(OH)− or H2O, in conjunction with intrinsic point defects in their structure (Kohlstedt et al.

1996; Ingrin and Skogby 2000; Bolfan-Casanova 2005). The presence of water in NAMs,

even at very low concentrations, may significantly affect transport properties involving

ionic diffusion in minerals. Recent studies have revealed significant enhancement by H2O

of Fe–Mg interdiffusion in olivine (Wang et al. 2004; Hier-Majumder et al. 2005). A

similar but smaller effect has also been observed for Fe–Mg interdiffusion in ferropericlase
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(Demouchy et al. 2007). In addition, previous Fe–Mg interdiffusion experiments carried

out under hydrous conditions indicated that interdiffusivity increases approximately lin-

early with increasing water fugacity (Wang et al. 2004; Hier-Majumder et al. 2005). The

enhancement of diffusion rate has been attributed to the entry of water into the lattice and

consequent changes in point defect concentrations (cation vacancies). On the other hand,

Cherniak (1993) showed that water may not play a significant role in the interdiffusion

process that involves only a simple exchange between cations of the same charge, as well

as Ar diffusion in quartz under nominally dry and H2O-present conditions (Watson and

Cherniak 2003). Therefore, it seems that the effect of H2O on lattice diffusion of cations in

deep-seated mantle phases is quite different, perhaps because the available lattice solution

mechanisms for H-bearing species are different. So far as we know, the effect of H species

on diffusion in crystals is less well understood, but it stands to reason that intracrystalline

diffusion can be affected only if H species enter the lattice. However, this topic needs to be

carefully investigated in future so the experimental data can be applied to natural systems

in a meaningful way.

2.3.5 Composition

The compositional effects on diffusivities are complicated in the Earth materials. For

example, Mackwell et al. (2005) performed Fe–Mg interdiffusion experiments in fer-

ropericlase employing single-crystal diffusion couples over a wide range of temperatures,

composition and oxygen fugacities at 1 bar. According to their results, diffusion depends

on oxygen fugacity with an exponent of 0.22 and depends exponentially on composition.

The power law dependence only plays a significant role at low iron concentrations,

whereas for compositions with XFeO [ 0.07, diffusivities are primarily exponentially

dependent on composition as indicated in Eq. (4). Similarly, the strong compositional

dependence of Fe–Mg interdiffusion coefficients has been reported in olivine (Dohmen and

Chakraborty 2007; Dohmen et al. 2007), FeO–MgO solid solutions (Yamazaki and Irifune

2003; Holzapfel et al. 2003), orthopyroxene (Dohmen et al. 2016), wadsleyite (Farber et al.

2000; Kubo et al. 2004; Holzapfel et al. 2009), and silicate melts (Zhang et al. 2010a).

Overall, if aforementioned influencing factors (T, P, fO2
, CH2O, XFe) are simultaneously

taken into account, the diffusion coefficient can be rewritten (Jaoul et al. 1995; Mackwell

et al. 2005; Demouchy et al. 2007; Dohmen and Chakraborty 2007; Otsuka and Karato

2015):

D ¼ D0 fO2
ð Þn CH2Oð ÞrXp exp �DE þ aX þ PDV

RT

� �
ð5Þ

where n, r, and p are constants, and α is a parameter related to the activation energy.

Besides abovementioned issues, other affecting factors, including crystallographic orien-

tation (anisotropy), isotope effect, stress and deformation, have been reviewed and

discussed in detail by many researchers (Ganguly 2002; Mehrer 2007; Chakraborty 2008;

Zhang 2010).

2.4 Experimental Measurement and Analysis Methods of Diffusion
Coefficient

Diffusion experiments are frequently performed under high-pressure and high-temperature

and controlled thermodynamic conditions (e.g., fO2
, water content, silica activity), using
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diffusion couple methods. The diffusion couples were made up of crystal↔crystal or

crystal↔powder. Due to very limited laboratory time scales (usually less than one week)

and accessible P–T conditions, the resultant diffusion profiles are very short. The diffusion

rate of a given element is not only related to the nature of the element, but also depends on

the properties of the diffusion medium. For example, Si is the slowest element in many of

the mantle minerals, the diffusion distances are as short as several tens of nanometers even

annealing at high pressure and high temperature for a longer time. Thus, such short

diffusion profiles have necessitated the use of very precise analytical techniques.

Diffusion is quantified by measuring the concentration of the diffusing species at dif-

ferent distances from the release point after a given time has elapsed at a precise

temperature. In general, two approaches, including direct profiling and bulk release/ex-

change, can be used to determine the diffusion coefficients in diffusion studies (Cherniak

et al. 2010). Direct profiling methods, where the concentration of diffusant versus depth is

determined, can be subdivided into methods involving step-scanning, with measurements

made by stepping across a sample cut normal to the diffusion interface, and depth profiling,

where analyses are performed parallel to the diffusion direction. Step-scanning may be

used in cases where diffusion profiles are at least many tens of micrometers long, as it is

limited by the beam spot size (typically ≥2 μm) of the analytical tool used and the

minimum number of points necessary to define the diffusion profile. During the past forty

years, the ion microprobe (Secondary Ion Mass Spectrometry, SIMS) instruments have

made considerable technological advances with the development of Focused Ion Beam and

nanoSIMS capabilities, which further improve spatial resolution. Accelerator-based ion

beam techniques Rutherford backscattering spectrometry (RBS) have found increased

application in diffusion studies of geological materials, with RBS used to measure diffu-

sion of many medium to heavy elements in a variety of mineral phases, and Nuclear

Reaction Analysis (NRA) and Elastic Recoil Detection (ERD) and Auger Electron Spec-

troscopy (AES) are also applied in measuring short diffusion distances; additional

refinements of extant methods have enhanced their utility in studying geological samples.

In addition, improvements in instrumentation and analytical protocols have also benefited

the application of IR spectroscopy, synchrotron X-ray fluorescence (SRXRF), electron

microprobe analysis (EPMA), and laser-ablation inductively coupled mass spectrometry

(LA-ICP-MS) in measurement of diffusion profiles. On the other hand, indirect estimates

(i.e., bulk release or exchange), mineral grains or crushed fragments of material are

exposed to a reservoir containing a radiotracer or isotopically tagged tracer (typically an

aqueous solution or gas source, depending on the diffusing species), with the degree of

exchange determined using mass spectrometry (in the case of tracer isotopes) or counting

of activity (in the case of radiotracers). However, such “bulk exchange” methods have

several limitations (Cherniak et al. 2010), including assumptions are often made regarding

diffusion models used to evaluate diffusivities, the difficulty in evaluating diffusional

anisotropy, and of sorting out potential contributions from transport along extended defects

or other diffusional “fast paths” from those of lattice diffusion when profiles are not

directly measured. Once variation curve of the concentration of the diffusion element with

the depth is available, one can calculate the diffusion coefficient by means of mathematical

analysis to solve diffusion equation for a given boundary condition.
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3 Available Results

3.1 Upper Mantle

3.1.1 Olivine

The first detailed study of Fe–Mg interdiffusion rates uptake in olivine was reported by

Buening and Buseck (1973) at atmospheric pressure as a function of composition. Their

data revealed a compositional dependence (diffusion rates increase with Fe content) and

clear diffusion anisotropy (diffusion fastest along the [001] direction). Moreover, Buening

and Buseck (1973) found a kink in the Arrhenius plot (Fig. 3) and argued that this kink

could be due to either a change from intrinsic to extrinsic diffusion mechanism or due to a

transition from lattice-controlled to grain-boundary-controlled diffusion introduced by the

use of the fayalite powder in the diffusion couple experiments, whereas Chakraborty

(1997) and Dohmen et al. (2007) pointed out that the concentration profiles obtained by

Buening and Buseck (1973) were most likely affected by extreme convolution effects in

their microprobe analyses. Misener (1974) carried out high-pressure Fe–Mg interdiffusion

experiments in Fe-bearing olivine at pressure up to 3.5 GPa and between 1173 and 1373 K,

resulting in an activation volume of 5.5 cm3/mol. Similar experiments were later per-

formed by Jaoul et al. (1995) at relatively low temperatures (873–1173 K) at 3–9 GPa and

concluded that the activation volume is essentially zero. As Jaoul et al. (1995) could not

yet vary the composition of their thin films and oxygen fugacity of their experiments in a

controlled manner, it was not possible to analyze diffusion mechanisms in detail in their

work. On the other hand, it is worth noting that, although they compared their experimental

results to those of computer calculations, the fact that a dependence of experimentally

observed diffusion rates on oxygen fugacity was postulated and the computer calculations

were carried out on systems without Fe resulted in some inconsistency. Additional issue

with Jaoul et al.’s data comes from the fayalite thin films deposited as the diffusion source

in their experiments, because it is a difficult task to ensure the survival of the thin film at

much more extreme chemical and mechanical conditions during high-pressure experi-

ments. However, Jaoul et al. (1995) have not carried out any surface characterization with

SEM and interference microscopy. This would be important because substantial re-crys-

tallization of the film occurs leading to larger roughness and substantial convolution effects

for any depth profiling method such as RBS (Dohmen et al. 2007). Consequently, the

enormous scatter of diffusion data were reported by Jaoul et al. (1995) and the activation

volume obtained in their work might be invalid. Chakraborty (1997) made Fe–Mg inter-

diffusion experiments at 980–1300 °C using synthetic Fe-free forsterite as one of the

starting materials and found that the interdiffusion occurs in the transition metal extrinsic

domain (TaMED), indicating that diffusion of cation vacancies is much faster than that of

cations and vacancy concentrations in nominally Fe-free forsterite. Chakraborty et al.

(1999) measured Fe–Mg interdiffusion in San Carlos olivine, at 1673 K between 9 and 12

GPa. An average activation volume of 0.35 cm3/mol can be calculated from their data;

however, this estimate is not reliable because of the limited number of data points. Farber

et al. (2000) determined the pressure dependence of Fe–Mg interdiffusion in forsterite

between 1 and 4GPa obtaining an activation volume of 5.4 (±4.0) cm3/mol along the Ni–

NiO buffer at 1473 K. and found very similar pressure dependence to that determined by

Misener (1974). Their results, within errors, are in excellent agreement with other deter-

minations reported by Misener (1974) (5.5 cm3/mol) and Holzapfel et al. (2007)
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(5.3 cm3/mol). Dohmen et al. (2007) measured Fe–Mg diffusion coefficients in olivines at

atmospheric pressure as a function of composition, crystal orientation, oxygen fugacity and

temperature (700–1200 °C) using thin films produced by pulsed laser deposition and RBS

to analyze the concentration profiles. However, Fe–Mg diffusion in olivine is strongly

dependent on the mole fraction of the Fe end-member, but weakly dependent/independent

of fO2
. Subsequently, Dohmen and Chakraborty (2007) have developed a quantitative point

defect model to calculate Fe–Mg interdiffusion coefficients in olivine for modeling any

natural process. The resulting master equations from Dohmen and Chakraborty (2007) can

reproduce all of the 113 experimental data points within half an order of magnitude.

Recently, Tachibana et al. (2013) investigated the interdiffusion coefficient of Fe–Mg in

olivine at 1400–1600 °C at the atmospheric pressure with the oxygen fugacity of 10−3.5–

10−2 Pa using diffusion couple method. Their results showed a clear anisotropy (DFe–

Mg[001] [ DFe–Mg[010] [ DFe–Mg[100]), but little correlation with fO2
and no significant

compositional dependence of DFe–Mg. However, at higher temperature ([1400 °C), the
increase in the activation energy of DFe–Mg has been interpreted as the result of the

transition of diffusion mechanism from TaMED to the intrinsic domain at the atmospheric

pressure (Tachibana et al. 2013). In a review of available Fe–Mg interdiffusion coefficients

(DFe–Mg) in olivine in literatures, Chakraborty (2010) claimed that cation vacancies in

olivine are controlled by the concentration of ferric iron determined by ambient temper-

ature and oxygen fugacity conditions in the temperature range for magmatic processes and

thus that the Fe–Mg interdiffusion in olivine occurs by TaMED mechanism (Chakraborty

1997; Dohmen et al. 2007; Dohmen and Chakraborty 2007). For a detailed discussion,

calculation, and experimental demonstration of diffusion by TaMED, pure extrinsic

Fig. 3 Arrhenius plot summarizing experimental and calculated results for Fe–Mg interdiffusion in olivine.
Data source M74 (Misener 1974), BB73 (Buening and Buseck 1973), JBLP95 (Jaoul et al. 1995), C97
(Chakraborty 1997), CKS99 (Chakraborty et al. 1999), WHK04 (Wang et al. 2004), HAK05 (Hier-
Majumder et al. 2005), HCRF07 (Holzapfel et al. 2007), DBC07 (Dohmen et al. 2007), TTKON13
(Tachibana et al. 2013), ZS15 (Zhang and Shan 2015a). Arrhenius parameters (D0 and ΔE) are summarized
in Table 1
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diffusion (PED) and intrinsic diffusion mechanisms in olivine, the reader can refer to the

papers by Dohmen et al. (2007) and Dohmen and Chakraborty (2007) and Chakraborty

(2008).

On the other hand, it is well known that water, even a small amount, may has significant

influence on some of the key physical and chemical properties in minerals (e.g., melting

relationship, electrical conductivity, rheological properties and diffusivity). To better

understand the effect of water on diffusion, Wang et al. (2004) performed Fe–Mg inter-

diffusion experiments in olivine under water-saturated conditions at 1373 K and 300 MPa,

indicating that the interdiffusion of Fe–Mg in olivine under hydrous conditions is about

one order of magnitude greater than under anhydrous conditions. Also, this effect has been

studied by Hier-Majumder et al. (2005). Their results showed that the interdiffusivity

increases by a factor of 50 at 1373 K and 5 GPa for an increase in water content from 100

to 8100 ppm H/Si. The activation volume of 16 cm3/mol obtained by Hier-Majumder et al.

(2005) under wet conditions is almost three times larger than that under dry conditions (see

Table 1), this observation implies that diffusion under hydrous conditions may occur by a

different mechanism (Chakraborty 2010). However, no systematic experimental data was

reported on water effect on Fe–Mg interdiffusion in olivine so far. Thus, this issue remains

unsolved. In addition, the interdiffusivities of Fe–Mg in single crystal and polycrystal

olivine have been calculated in the light of a thermodynamic approach (Zhang and Shan

2015a), the refined data agree well with the experimentally reported ones (Fig. 3).

3.1.2 Pyroxenes

Pyroxenes are major mineral phases at depth (in the lower crust and upper mantle) in both

the earth and extraterrestrial bodies. Dimanov and Sautter (2000) investigated (Fe, Mn)–

Mg interdiffusion in single crystals of natural diopside (XFe 0.03) at ambient pressure, high

temperatures (900–1240 °C) and low-oxygen fugacity by both RBS and SIMS. Afterward,

Dimanov and Wiedenbeck (2006) extended the study of Dimanov and Sautter (2000),

focusing on the effects of oxygen fugacity. As shown in Fig. 4, it can be seen that the

experimental results of Dimanov and Sautter (2000) and Dimanov and Wiedenbeck (2006)

are in reasonably good agreement both in terms of magnitude of diffusivities and activation

energy after pO2 corrections are made to the former dataset. Both datasets still differ by

about half an order of magnitude, but this moderate discrepancy may result from the Early

Partial Melting (EPM) within the host diopside because EPM can significantly affect the

point defect chemistry of the material and thus influences all fO2
-dependent transport

properties including ionic diffusion. Previous study (Jaoul and Reterron 1994) has shown

that EPM occurrence depends essentially on oxygen fugacity, temperature and initial non-

stoichiometry. In fact, EPM was clearly observed above 1150 °C in the experiment of

Dimanov and Wiedenbeck (2006). Recently, Müller et al. (2013) reported Fe–Mg inter-

diffusion rates in natural diopside crystals (XDi = 0.93) along the c axis in the geologically

relevant temperature range of 800–1200 °C from experiments carried out at atmospheric

pressure under controlled oxygen fugacity conditions. Their data demonstrated that dif-

fusion in clinopyroxene may be the rate-limiting process for the freezing of many

geothermometers, and compositional zoning in clinopyroxene may preserve records of a

higher temperature segment of the thermal history of a rock. In addition, no strong

dependence of DFe–Mg on composition of clinopyroxene or oxygen fugacity could be

detected within the resolution of the study by Müller et al. (2013). This observation

suggested that higher Al concentrations of the pyroxene would have produced charge

compensation Fe3+ that overwhelmed the concentration of vacancies generated by
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oxidation of Fe2+ in the clinopyroxene structure, variation in fO2
and the resulting change

in concentration of Fe3+ does not have any significant influence on vacancy concentrations

and hence on diffusion rates.

So far as we know, direct experimental measurements of DFe–Mg in orthopyroxene are

very difficult because of very slow rate of Fe–Mg interdiffusion. Ganguly and Tazzoli

(1994) made the first indirect estimates of Fe–Mg interdiffusion rates in orthopyroxenes on

the basis of the rates of order–disorder kinetics of Fe and Mg fractionation between the M1

and M2 sites in orthopyroxene that were measured experimentally in the temperature range

of 500–800 °C at an fO2
at, or close to, IW. Consequently, the predicted DFe–Mg in

orthopyroxenes from a theoretical relationship between diffusion and order–disorder

properties developed by Ganguly and Tazzoli (1994) are comparable to the available

experimental data (Fig. 4). Dohmen et al. (2016) directly measured Fe–Mg interdiffusion

coefficients parallel to the three main crystallographic axes between 870 and 1100 °C in

two natural orthopyroxene single crystals under atmospheric pressure and between con-

trolled oxygen fugacity of 10−11 and 10−7 Pa. They found that the anisotropy of diffusion

DFe–Mg follows the sequence DFe–Mg[001] ≈ DFe–Mg[010] ≈ 3.5DFe–Mg[100], and diffusion

in natural orthopyroxene becomes insensitive to fO2
when fO2

around or lower the IW

buffer. This investigation could be related to a transition in the diffusion mechanism from

TaMED to PED.

3.1.3 Garnet

Garnet is an important rock-forming mineral of various magmatic, metamorphic and

metasomatic rocks. Because of the flexibility provided by many possible end-member

compositions, garnets are formed in many different lithologies and at various P–T condi-

tions of the Earth’s crust and mantle. The composition of garnet is very sensitive to these

parameters and thus variations often lead to the formation of zoned crystals. In this study,

only diffusion data for Fe–Mg rich, Mn-poor garnets are discussed. Elphick et al. (1985)

reported the first credible results on divalent cation diffusion kinetics in garnet at high P–
T conditions (30–40 kbar, 1300–1500 °C), using diffusion couples made from natural

garnet crystals. Their data indicated that the multicomponent diffusion kinetics in garnet

strongly depend on Mg/Mn ratio. Consequently, Fe–Mg interdiffusion is one order of

magnitude slower than Fe–Mn interdiffusion in garnet. Ganguly et al. (1998) carried out

diffusion couple experiments consisting of natural pyrope and almandine garnets at 2.2–4.0

GPa, 1330–1673 K in a piston-cylinder apparatus to determine the self-diffusion coeffi-

cients of the divalent cations Fe, Mg, Mn and Ca. It is found that the self-diffusion of Fe

and Mn is significantly enhanced with the increase in Mn/Mg ratio; the enhancement effect

on DMg is relatively small. Moreover, Ganguly et al. (1998) developed and tested a

numerical method to deconvolve the tracer diffusion coefficients retrieved from modeling

multicomponent diffusion profiles in the pyrope–almandine couples. Freer and Edwards

(1999) performed Ca–(Fe, Mg) interdiffusion experiments between grossular and alman-

dine single crystals, and measured the activation volume at 1273 K between 1.5 and 3.2

GPa. They found a very high value (11.2 cm3/mol) for the activation volume, for which

they could not offer a plausible explanation. Borinski et al. (2012) carried out diffusion

couple experiments (25–35 kbar and 1260–1400 °C) to determine Fe–Mg interdiffusion

coefficients in garnet in a piston-cylinder apparatus using natural pyrope and almandine

crystals. Also, Borinski et al. (2012) have developed and tested a numerical method to

calculate best-fit diffusion coefficients from experimentally induced concentration profiles.

As a consequence, diffusion coefficients DFe–Mg retrieved using the two kinds of models do
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not differ from those experimentally reported data for most natural garnet compositions. As

shown in Fig. 4, the diffusivities retrieved by Freer and Edwards (1999) are higher than for

other experimental data (Elphick et al. 1985; Borinski et al. 2012).

3.1.4 Spinel

Spinel (FexMg1−xAl2O4) is one of the major minerals in Earth’s uppermost mantle, a

common mineral in a wide range of metamorphic and ultramafic rocks, and an important

mineral inclusion found in chondritic meteorites of the early Solar System, and it has also

been found in lunar rocks. Spinel has cubic symmetry, and diffusion is therefore isotropic.

Spinel also contains octahedral interstitial sites, and two different types of tetrahedral

interstitial sites (Van Orman and Crispin 2010).

Freer and O’Reilly (1980) were the first to determine the activation energy and the Fe–

Mg interdiffusion coefficient, DFe–Mg in aluminous spinel as a function of temperature

(800–1034 °C) and composition (FeAl2O4–MgAl2O4) using diffusion couples composed of

synthetic pellets. Their data reveal a strong compositional dependency where DFe–Mg

increases with decreasing Fe2+ content in spinel. Liermann and Ganguly (2002) performed

the diffusion kinetics of Fe2+ and Mg in spinel (Mg0.99Fe0.01Al1.997Cr0.003O4) using dif-

fusion couples at 2 GPa, 950–1325 °C and at 3 GPa and 1125 °C. Interdiffusion

coefficients determined by Freer and O’Reilly (1980) are about two orders of magnitude

higher than those determined by Liermann and Ganguly (2002) (Fig. 4). Also, Freer and

O’Reilly (1980) found complicated diffusion profiles that appeared to indicate strong

Fig. 4 Arrhenius plot summarizing experimental results for Fe–Mg interdiffusion in pyroxene, garnet and
spinel. Data source Opx-GT94 (Ganguly and Tazzoli 1994), Opx–DHBC16 (Dohmen et al. 2016), Cpx–
MDBHC13 (Müller et al. 2013), Di–DS00 (Dimanov and Sautter 2000), Di–DW06 (Dimanov and
Wiedenbeck 2006), Prp–Alm–EGL85 (Elphick et al. 1985), Prp–Alm–BHCGB12 (Borinski et al. 2012),
Grs–Alm–FE99 (Freer and Edwards 1999), Her10–LG02 (Liermann and Ganguly 2002), Her25–FO80 (Freer
and O’Reilly 1980), Her50–VDC15 (Vogt et al. 2015). Arrhenius parameters (D0 and ΔE) are summarized in
Table 2
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compositional dependence of the interdiffusion coefficient, while Liermann and Ganguly

(2002) found simple error function diffusion profiles that indicated a negligible influence

of iron concentration. The discrepancies between these two studies might be related to

differences in oxygen fugacity. More recently, Vogt et al. (2015) measured Fe–Mg

interdiffusion rates (DFe–Mg) in synthetic Mg–Al spinel and a natural (Mg, Fe) aluminous

spinel using diffusion couples made of single-crystal spinel and thin films of hercynitic

composition (XFe 0.5) at atmospheric pressure over a range of different oxygen fugacities

and temperatures (750–900 °C). Their results showed that DFe–Mg in Mg-spinel is inde-

pendent of oxygen fugacity, whereas it depends strongly and nonlinearly on oxygen

fugacity for the natural spinel. This observation indicates that the mechanisms of diffusion

are different in the two kinds of spinel (Fe-bearing vs. Fe-free). The nonlinear dependence

on oxygen fugacity indicates that diffusion occurs by an interstitial mechanism at low-

oxygen fugacities and by a vacancy mechanism at high-oxygen fugacities in natural, Fe-

bearing spinel. As illustrated in Fig. 4, comparison of the Fe–Mg interdiffusion rates

determined by Vogt et al. (2015) with those of Liermann and Ganguly (2002) implies a

good agreement between Vogt et al.’s and Liermann and Ganguly’s results in Mg–Al

spinel. Moreover, as seen from Fig. 4, the diffusivities reported by Freer and O’Reilly

(1980) (for a spinel composition of FeO = 25 wt% and FeO = 5 wt%) are three to four

orders of magnitude higher than those obtained by Vogt et al. (2015) and Liermann and

Ganguly (2002). Nevertheless, Vogt et al. (2015) demonstrated that, when the diffusion

mechanism and the nonlinear dependence of DFe–Mg on fO2
are considered, all experimental

datasets (Freer and O’Reilly 1980; Liermann and Ganguly 2002; Vogt et al. 2015) can be

completely reproduced by a point defect thermodynamic model and are in fact consistent

with each other (see Fig. 10 of Vogt et al. 2015).

3.2 Transition Zone

3.2.1 Wadsleyite and Ringwoodite

Wadsleyite and ringwoodite (named β-spinel and γ-spinel) are high-pressure polymorphs

of olivine that are found in shocked meteorites and are thought to be the minerals that

replace olivine with increasing the depth in the transition zone (ca. 410–660 km depth) of

the Earth’s mantle. Wadsleyite has an orthorhombic structure, whereas ringwoodite is

cubic. Diffusion rates in wadsleyite and ringwoodite are very difficult to measure because

crystals large enough in size to measure diffusion coefficients are difficult to obtain. The

other difficulties related to high-pressure experiments include the issues of controlling

oxygen fugacity and water contents, and the limited stability ranges of these phases. As a

result, it is impossible to carry out experiments over large ranges of temperatures and

pressures to constrain parameters such as activation volume and activation energy well.

Diffusion coefficients of wadsleyite and ringwoodite are known from measurements in

coarse polycrystals and in rare single crystals.

Chakraborty et al. (1999) first reported the Fe–Mg interdiffusion rates in wadsleyite

using single crystal ↔ polycrystal diffusion couples at 15 GPa and 1373–1473 K. Sub-

sequently, three other studies have measured Fe–Mg diffusion rates in wadsleyite (Farber

et al. 2000; Kubo et al. 2004; Holzapfel et al. 2009) and these results have been analyzed

together and discussed by Holzapfel et al. (2009). Combining the data from Farber et al.

(2000) and Kubo et al. (2004), Holzapfel et al. (2009) obtained the following global

relationship for calculating Fe–Mg diffusion coefficients in wadsleyite as a function of
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temperature, pressure and composition under dry (less than several tens of ppm H2O)

conditions and with fO2
lying along the NNO equilibrium:

Dðm2=sÞ ¼ 1:24� 10�6 exp 11:8ð0:86� XMgÞ
� �

exp
� 229000þ ðP� 15Þ � 13:9� 103½ �J=mol

RT

� �

where XMg is the mole fraction of Mg in wadsleyite, T is the absolute temperature in

Kelvins, and P is the pressure in GPa. However, a very large activation volume

13.9 cm3/mol suggests that the effect of pressure on Fe–Mg interdiffusion in wadsleyite is

strong. It must be pointed out that this equation is valid for oxygen fugacity at the NNO

buffer and for dry conditions. Up to date, only Farber et al. (2000) measured Fe–Mg

interdiffusion coefficients in ringwoodite at 1473 K and 10–14 GPa. They obtained an

activation volume 6.1 cm3/mol, but failed to constrain the activation energy for Fe–Mg

diffusion in ringwoodite. All Fe–Mg interdiffusion data obtained in wadsleyite and ring-

woodite are summarized in Table 3, and also compared with those results from the

thermodynamic calculations by Zhang and Shan (2015a) in Fig. 5.

3.3 Lower Mantle

3.3.1 Bridgmanite

Silicate bridgmanite (Mg, Fe)SiO3 is believed to be the dominant phase in the Earth’s

lower mantle, possibly in excess of 80% of the total volume (e.g., Ringwood 1975). Hence,

an understanding of the diffusion properties of bridgmanite is therefore necessary for

constraining processes such as mantle convection, homogenization of chemical

Fig. 5 Arrhenius plot summarizing experimental and calculated results for Fe–Mg interdiffusion in
wadsleyite and ringwoodite Data source CKS99 (Chakraborty et al. 1999), KSO04 (Kubo et al. 2004),
HCRF09 (Holzapfel et al. 2009), FWR00 (Farber et al. 2000), ZS15 (Zhang and Shan 2015a). Arrhenius
parameters (D0 and ΔE) are summarized in Table 3
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heterogeneities, interaction with metal during core formation, and the extent of reactions

occurring at the core-mantle boundary. Only few diffusion studies exist for high-pressure

phases, such as bridgmanite. The reason for this lack of data is the difficulty of maintaining

high pressure and temperature conditions to stabilize the high-pressure phases for such a

long time that diffusion profiles can be measured. Holzapfel et al. (2005) measured Fe–Mg

interdiffusion in (Mg, Fe)SiO3 bridgmanite at pressures from 22–26 GPa and temperatures

between 1973–2273 K. High-pressure interdiffusion experiments were conducted on

polycrystalline bridgmanite diffusion couples, each consisting of a disk of initially Fe-free

MgSiO3 bridgmanite in contact with a second disk of Fe-bearing bridgmanite in which

XFe = 0.02–0.11, employing a multi-anvil apparatus. The diffusion couples were contained

either Ni or MgO capsules; oxygen fugacity was estimated to be about 3 log-units below

the iron–wüstite buffer (IW-3) for MgO capsules and 3 log-units above the IW buffer

(IW + 3) for Ni capsules. In their experiments, no compositional dependence on Fe–Mg

diffusion was detected, and nor any dependence on orientation. They found that Fe–Mg

interdiffusion in bridgmanite is as slow as Si self-diffusion and is orders of magnitude

slower than Fe–Mg diffusion in other mantle minerals. Holzapfel et al. (2005) derived an

Arrhenius relation from the data for diffusion at 24 GPa assuming that the pre-exponential

factor depends on fO2
while the activation energy for diffusion is independent of fO2

,

obtaining a pre-exponential factor of 4.0 (±0.7) 9 10−9 m2/s for reducing conditions (IW-

3) and 7.9 (±1.4) 9 10−8 m2/s for oxidizing conditions (IW + 3), and an activation energy

of 414 (±62) kJ/mol (Table 4). However, Holzapfel et al. (2005) were unable to achieve a

large enough pressure range in their experiments to establish an activation volume for Fe–

Mg diffusion. Xu et al. (2011) for the first time measured Si and Mg self-diffusion coef-

ficients in single crystals of bridgmanite under lower mantle conditions. Their results

showed that no anisotropy in the diffusion of either Si or Mg could be resolved and Mg has

very similar diffusivity to Si in bridgmanite. Recently, Zhang and Shan (2015a) predicted

the Fe–Mg interdiffusion coefficients in bridgmanite as a function of temperature and

pressure using a thermodynamic model that interconnected point defect parameters with

the bulk properties. As depicted in Fig. 6a, theoretically calculated results are consistent

with the experimental ones roughly between IW-3 and IW + 3, whereas the activation

energy of 646 kJ/mol is higher than that of 414 kJ/mol reported by Holzapfel et al. (2005).

3.3.2 Ferropericliase

Ferropericlase (Mg, Fe)O is the second most abundant phase in the Earth’s lower mantle

next to silicate bridgmanite. Previous studies have shown that ferropericlase (Mg, Fe)O has

noticeably higher atomic diffusivity (Holzapfel et al. 2003; Yamazaki and Irifune 2003),

low viscosity (Yamazaki and Karato 2001), and higher electrical conductivity (Dobson

et al. 1997; Yoshino et al. 2011) than bridgmanite. Thus, it is possible that (Mg, Fe)O has a

strong influence in defining bulk transport properties in the lower mantle especially when it

forms an interconnected network, even though interconnected locally. Several groups

(Yamazaki and Irifune 2003; Holzapfel et al. 2003; Mackwell et al. 2005) have examined

the effects of temperature, pressure and oxygen fugacity on Fe–Mg interdiffusion in fer-

ropericlase (Mg, Fe)O. Under dry conditions, Fe–Mg interdiffusion rates increase with

increasing iron content and oxygen fugacity, but decrease with increasing pressure by 2.5

orders of magnitude from one atmosphere to 23 GPa (Mackwell et al. 2005). Subsequently,

Demouchy et al. (2007) found that Fe–Mg interdiffusion is enhanced by the presence of

hydrogen (protons) in (Mg, Fe)O even at relatively low pressure of 300 MPa. They

attributed the enhancement of interdiffusion rate to the increased concentration of metal
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vacancies resulting from the incorporation of hydrogen. Otsuka and Karato (2015) sys-

tematically investigated the influence of Fe3+ and H+ on Fe–Mg interdiffusion in (Mg, Fe)

O at 1673–1873 K and 5–24 GPa under the anhydrous and hydrous conditions using the

diffusion couple technique. Their results showed that the dominant defect responsible for

diffusion is same under both anhydrous and hydrous conditions, suggesting that H+

enhances Fe–Mg interdiffusivity by promoting the mobility of vacancies at the M-site. The

Fig. 6 Arrhenius plot summarizing experimental and calculated results for Fe–Mg interdiffusion in
a bridgmanite and b ferropericlase. Data source HRFL05 (Holzapfel et al. 2005), YI03 (Yamazaki and
Irifune 2003), HRMF03 (Holzapfel et al. 2003), MBS05 (Mackwell et al. 2005), DSK07 (Demouchy et al.
2007), OK15 (Otsuka and Karato 2015), ZS15 (Zhang and Shan 2015a). Arrhenius parameters (D0 and
ΔE) are summarized in Table 4
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influence of Fe3+ likely dominates at temperatures expected for the normal lower mantle

conditions (T [ 1900 K), while the influence of both Fe3+ and H+ is important at lower

temperature environments such as near the subduction zone. All abovementioned data are

summarized in Fig. 6b and Table 4 along with the reported activation volume.

3.4 Comparison with Fe–Mg Interdiffusion in Mantle Minerals

In Fig. 7a, we compare the experimental DFe–Mg with the theoretical estimates in major

mantle minerals. It is obvious that diffusion of Fe–Mg in bridgmanite is the slowest-

diffusing case (Holzapfel et al. 2005). Diffusion rates of Fe–Mg in orthopyroxene (Gan-

guly and Tazzoli 1994; Dohmen et al. 2016) are similar to the rates of diffusion in

clinopyroxenes (Müller et al. 2013), diopside (Dimanov and Sautter 2000; Dimanov and

Wiedenbeck 2006) and garnet (Elphick et al. 1985; Freer and Edwards 1999; Borinski et al.

2012). Fe–Mg interdiffusivities in dry olivine (Jaoul et al., 1995; Chakraborty 1997;

Chakraborty et al. 1999; Dohmen et al. 2007; Holzapfel et al. 2007; Tachibana et al. 2013)

are comparable to those observed in spinel (Liermann and Ganguly 2002; Vogt et al.

2015), while slower than the diffusion rates in hydrous olivine (Wang et al. 2004; Hier-

Majumder et al. 2005; Zhang and Shan 2015a) and olivine high-pressure polymorphs

(Chakraborty et al. 1999; Farber et al. 2000; Kubo et al. 2004; Holzapfel et al. 2009). The

rates of Fe–Mg interdiffusion in spinel reported by Freer and O’Reilly (1980) are the

fastest ones among the existing data in mantle minerals, which are compatible with the

experimental determinations in ferropericlase (Mackwell et al. 2005; Demouchy et al.

2007) and olivine high-pressure polymorphs, i.e., wadsleyite (Chakraborty et al. 1999;

Holzapfel et al. 2009; Zhang and Shan 2015a) and ringwoodite (Zhang and Shan 2015a).

Besides the temperature dependence, pressure can also modify diffusion coefficients

substantially. In order to manifest this effect, as shown in Fig. 7b, Fe–Mg interdiffusion

coefficients in olivine, garnet and spinel were calculated as a function of pressure at a

constant temperature by employing the experimentally determined diffusion parameters

(D0, ΔE and ΔV) summarized in Tables 1 and 2. However, the pressure dependence of Fe–

Mg interdiffusion for olivine high-pressure polymorphs (wadsleyite and ringwoodite) and

bridgmanite have been calculated previously (Zhang and Shan 2015a). In addition,

although the rates of Fe–Mg interdiffusion in minerals could be significantly enhanced by

water (Wang et al. 2004; Hier-Majumder et al. 2005; Demouchy et al. 2007; Otsuka and

Karato 2015), unfortunately, no systematic and quantitative experimental results on this

issue were reported for various mantle minerals so far. Therefore, it is unlikely to quan-

titatively compare the effect of water on Fe–Mg interdiffusivity in each mineral.

3.5 Observation of Compensation Law for Fe–Mg Interdiffusion

As discussed above, we consider Fe–Mg interdiffusion data from all published experi-

mental measurements on single crystals and polycrystals of mantle minerals performed

under nominally dry and hydrous conditions, and try to figure out some inherent rela-

tionships among these data. One effective way is to examine whether all of diffusion

datasets obey the compensation law or not (Brady and Cherniak 2010; Jones 2014). The

compensation law, termed the “isokinetic effect” or Meyer–Neldel rule (MNR), refers to a

positive linear relationship between the activation energy (E) and the natural logarithm of

the pre-exponential factor (lnD0):
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lnD0 ¼ aþ bE ð6Þ
where α and β are constants. If Eqs. (1) and (6) are combined in light of the MNR, then we

can get TC = (βR)−1, here TC is called the “characteristic temperature”. This implies that if

Fig. 7 a Arrhenius lines for Fe–Mg interdiffusion as reported for all mantle minerals in the database. b A
comparison of the calculated Fe–Mg interdiffusivity in olivine (Holzapfel et al. 2007), garnet (Elphick et al.
1985) and spinel (Liermann and Ganguly 2002) as a function of pressure at constant temperature
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MNR exists in the substance, the diffusion tends to converge to a constant DC = exp(α) at
TC.

In the geosciences, to date, numerous studies have shown that the MNR is upheld not

only for many diffusing species in individual minerals (Hart 1981), but also for a single

diffusing species in a wide variety of minerals (Béjina and Jaoul 1997; Zheng and Fu 1998;

Zhao and Zheng 2007; Zhang et al. 2010b, 2011; Brady and Cherniak 2010; Jones 2014;

Zhang and Shan 2015b). Such an empirical law may provide an alternative possible insight

coming from consideration of the experimental results of Fe–Mg interdiffusion in mantle

minerals. In the present study, the experimental determined values of log10(D0) and E for

all minerals, particularly those of interest to Earth’s crustal, upper mantle, transition zone

and lower mantle minerals for which the most extensive experimental or theoretical

observations exist (see Tables 1, 2, 3, 4) including 45 diffusion measurements on 8 kinds of

minerals, are plotted in Fig. 8, together with best-fitting robust linear regressions to all of

the data and various subsets as well value of R2. Note that there are three compensation

lines corresponding to three subsets data, group 1 (Spinel + Ferropericlase + Wadsleyite,

light blue field in Fig. 8), group 2 (Olivine + Pyroxene + Garnet + Ringwoodite, light

gray field in Fig. 8), group 3 (bridgmanite, dark yellow field in Fig. 8), showing better

correlation (R2 [ 0.83) than that (R2 [ 0.65) of the global fitting to all of data.

Nonetheless, the data to create the compensation diagram are arbitrarily selected. For

example, the compensation line for bridgmanite includes only three data points. However,

one must be cautious when applying such compensation law to predict diffusion data.

Brady and Cherniak (2010) compiled the published experimental diffusion data and

attempted to create the MNR compensation diagrams. Their investigations showed that

different groups of elements yield systematically different compensation relations, which

Fig. 8 Compensation plot of the experimentally determined pre-exponential factor (logD0) versus
activation energy (E) for Fe–Mg interdiffusion in mantle minerals. Least-squares regressions to all data,
group 1 (Sp + Fp + Wad), group 2 (Ol + Py + Grt + Ring) and group 3 (bridgmanite) subsets shown. Red
solid line denotes the best fit to all of experimental data. The regression line: logD0 (m2/s) = 0.01931
(0.0035)E (kJ/mol) −12.0445(1.0030) (R2 ≈ 0.65)
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strongly depends on the charge of cations. Especially, the Fe–Mg interdiffusion com-

pensation line constructed by Brady and Cherniak (2010) has an R2 value of only 0.36.

Recently, Jones (2014) found that hydrogen diffusion in crustal and mantle minerals obeys

different MNR. Indeed, similar phenomena have been observed for Si self-diffusion in

mantle minerals (Zhang and Shan 2015b). In the case of Fe–Mg interdiffusion, experi-

mentally reported interdiffusion data are not available in sufficient numbers to give

meaningful compensation diagrams. It is worth noting that many factors make interdif-

fusion more complex than self-diffusion or tracer diffusion, typically including a strong

dependence on composition that may include a thermodynamic factor (Ganguly 2002) and

be especially sensitive to fO2
or fH2O. In addition, different compensation trends revealed in

this study may also reflect the complexity of substitutional processes and different diffu-

sion mechanisms for Fe–Mg interdiffusion in various minerals (Brady and Cherniak 2010).

Moreover, on the basis of the observed MNR, a thermodynamic model (so-called the

cBΩ model) has been successfully applied to predict diffusion coefficients of various

elements in silicate minerals (Zhang et al. 2010b, 2011; Zhang 2012; Zhang and Shan

2015b). Although several assumptions and simplification have been made in the cBΩ
model, the calculated diffusion parameters are reasonably comparable to the results

reported experimentally when the uncertainties are considered, including Fe–Mg inter-

diffusion in (Fe, Mg)2SiO4 polymorphs and bridgmanite (Zhang and Shan 2015a).

4 Geoscience Applications

Experimental quantification of diffusion in the Earth’s materials may in some cases

enhance our understanding of a particular process or in others simply allow us to better

constrain the temporal and/or spatial range over which a particular process may be

important. Brady and Cherniak (2010) have demonstrated that the MNR is a powerful tool

for calibrating and verifying determinations of the Arrhenius pre-exponent term and

activation energy term fitting experimental data. Based on the foregoing discussions, the

relative magnitude of Fe–Mg interdiffusion coefficients that can be used for modeling

processes in natural systems (Fig. 7). Many workers have provided lots of examples of

general applications of diffusion data in a number of minerals (e.g., Ganguly 2002; Watson

and Baxter 2007; Brady and Cherniak 2010; Chakraborty 2008, 2010; Mueller et al. 2010).

In view of published experimental datasets on Fe–Mg interdiffusion in mantle minerals,

here I will merely outline some areas of application:

● Establish the diffusion-depth profile in the deep Earth (Yamazaki and Irifune 2003;

Holzapfel et al. 2007; Watson and Baxter 2007) and evaluate diffusive equilibration

time scales in the lower mantle (Holzapfel et al. 2005).

● Evaluate the closure temperature of geothermometry, geospeedometry, and time scales

of geological and planetary processes (Jaoul et al. 1995; Chakraborty 1997, 2008;

Ganguly 2002; Borinski et al. 2012; Müller et al. 2013; Dohmen et al. 2016).

● Understand the electrical conductivity profile of the Earth’s mantle (Farber et al. 2000;

Hier-Majumder et al. 2005; Otsuka and Karato 2015).

● Evaluate diffusive fractionation of isotopes in mantle rocks, meteorites and metamor-

phic rocks (Liermann and Ganguly 2002; Watson and Baxter 2007).

● Understand homogenization of mantle heterogeneities (chemical mixing) and mineral

transformations (Chakraborty et al. 1999; Farber et al. 2000; Holzapfel et al. 2009).
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● Understand the kinetics of order–disorder and intracrystalline exchange reaction

(Ganguly and Tazzoli 1994).

● Understand the redox state of the mantle (Dohmen et al. 2007; Dohmen and

Chakraborty 2007).

● Understand the rheological properties of the lower mantle (Demouchy et al. 2007).

5 Concluding Remarks and Perspectives

In this study, I provide a comprehensive review of the current state of Fe–Mg interdiffusion

in major mantle minerals. Recently, new advances in the experimental technologies (e.g.,

Béjina et al. 2003; Yamazaki and Irifune 2003; Holzapfel et al. 2005; Brady and Cherniak

2010) and computational approaches (e.g., Béjina et al. 2009; Ammann et al. 2010; Ito and

Toriumi 2010) have been available to explore diffusion in the deep Earth (i.e., P [ 25

GPa), and to help us model processes in natural systems occurring on a variety of time-

scales. One important general conclusion is that the diffusion coefficients of any elements

depend on minerals as well as pressure, temperature, composition, and other chemical

parameters (such as oxygen fugacity and water fugacity). Consequently, diffusion coeffi-

cients likely change with physical and chemical conditions. Results obtained under limited

conditions should not be applied to other conditions without appropriate corrections. The

data obtained in the experimental determination of diffusion coefficients may play an

important role in many areas of geochemistry and geophysics.

Major progress has been made on Fe–Mg interdiffusion in mantle minerals in the past

several decades, together with the improvements on high-pressure experimental techniques

in multi-anvil apparatus and the development of new analytical tools. However, some

significant points still remain challenging, and a number of issues need to be explored in

more detail:

1. Vacancies, dislocations, and other crystal defects may have profound effects on

diffusion rates. Therefore, it is essential that the mineral being studied is well-

characterized. If the diffusion medium (mineral, liquid, or glass) contains variable

valence element like Fe, the oxygen fugacity of the equilibrium system should be

controlled precisely because of its influence on the defect concentration. Therefore,

defect chemistry in turn affects a number of physico-chemical properties of geological

materials. A complete understanding of point defect mechanisms and how they control

diffusion rates even in impure natural crystals allows diffusion coefficients at various

conditions to be calculated and compared with experimental measurements. This

ensures that errors from erratic measurements of diffusion coefficients or extrapola-

tions do not vitiate diffusion modeling to extract timescales (Chakraborty 2008).

2. It has been recognized that the presence of water in the system of interest can have a

significant influence on diffusion in many geologic materials (Watson and Baxter

2007), even in trace amounts. If water is present, water fugacities are an essential part

of the experimental data set. Moreover, since hydrogen is an incompatible element for

most minerals, it is very likely that it strongly segregates into grain boundaries,

profoundly affecting grain-boundary diffusion. However, the effect of H species on

diffusion in crystals is less well understood so far.

3. Diffusion in polycrystalline materials may occur rapidly along grain boundaries,

crystal interfaces, or surfaces and will not necessarily record intracrystalline

diffusivities. Therefore, if polycrystalline materials are used in diffusion experiments
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to determine intrinsic or volume diffusion coefficients, then the contributions of

extrinsic grain-boundary diffusion must be shown to be negligible.

4. Most systems are thermodynamically nonideal and in addition to a concentration

gradient other driving forces such as chemical potential gradients, stress gradients or

temperature gradients exist (Chakraborty 2008). Notably, the roles of stress gradients

and strain rates in the diffusion experiments have not been investigated yet.

Improvement on the above issues will not only constrain the above issues, but also will

impact on our understanding of the thermodynamics, transport, and other physical and

chemical properties of the Earth’s materials, as well as our understanding of geological and

planetary processes.
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