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A B S T R A C T   

The early Cambrian ocean was marked by significant redox changes, but the detailed redox evolution of seawater 
and its relationship to biological expansion are not fully understood. Widespread chert successions are present in 
lower Cambrian deposits on the Yangtze Block, South China, which have great potential to record oceanic 
chemistry. Here, we analyze rare earth elements (REE) and Si and Fe isotopes along three regional chert sections 
to constrain the origin of lower Cambrian cherts and the redox conditions of the early Cambrian ocean. The REE 
patterns and Si isotopes illustrate that lower Cambrian cherts at the Muyang (MY; Yanjiahe Formation) and 
Zunyi (ZY; Niutitang Formation) locales originated from the replacement of precursor carbonates and black 
shales, respectively, whereas cherts at Chuanyanping (CYP; Liuchapo Formation) locale originated from direct 
chemical precipitation from seawater and/or hydrothermal fluids. All cherts, except for several lower CYP cherts 
with hydrothermal contributions, primarily preserved seawater chemical signals. The Ce/Ce* and Y/Ho ratios 
indicate that these cherts were deposited near a suboxic/anoxic interface, where seawater may have been fer-
ruginous overall, while more subtle redox changes, namely, ferruginous (less reducing) and ferruginous (more 
reducing), were identified by Fe isotopes. Based on new data and previous results, we propose that the early 
Cambrian ocean on the Yangtze Block was characterized by a stratified redox framework. Before ~535 Ma in the 
Cambrian, oxic seawater occurred only along the inner shelf (MSC section), below which seawater was primarily 
ferruginous (less reducing). During ~535–526 Ma, oxic seawater gradually expanded to the outer shelf (MY 
section) and a metastable ferruginous (more reducing) zone dynamically existed at shelf–slope locations. 
Temporal and spatial comparisons revealed that the water column on the Yangtze Block may have experienced a 
progressive deepening of the redoxcline during the early Cambrian (~535–526 Ma). The metastable redox zone 
may have been an analogue of the modern oxygen minimal zone (OMZ), which is associated with biological 
activity and high productivity. The occurrence and spatial fluctuation of the metastable ferruginous (more re-
ducing) zone may have been associated with the evolution of small shelly fossils from assemblage 1 (SSF1) to 
assemblage 3 (SSF3) and their spatial expansion from shelf to slope. Therefore, accompanied by oceanic oxy-
genation, the occurrence and spatial fluctuation of an OMZ-like metastable zone may have regulated the bio-
logical diversification and distribution during the early Cambrian (~535–526 Ma).   

1. Introduction 

The early Cambrian was a critical period for biological diversifica-
tion known as the Cambrian Explosion, which was marked by the 
abrupt replacement of late Ediacaran soft-bodied biota with skeleto-
nized large-body metazoans (Knoll and Caroll, 1999; Marshall, 2006;  
Erwin et al., 2011). As oxygen is essential for skeletonized metazoans to 

maintain life (Graham et al., 1995; Canfield and Teske, 1996), oceanic 
oxygenation has been considered the most likely stimulation for bio-
logical diversification across the Ediacaran–Cambrian (E–C) boundary 
(Knoll and Caroll, 1999). However, several studies have found that 
oceanic oxygen levels did not radically increase and even intermittently 
decreased during the early Cambrian (Kimura and Watanabe, 2001;  
Sperling et al., 2015; Wei et al., 2018), which challenges the traditional 
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opinion in which fundamental ocean oxygenation spurred the biolo-
gical diversification. In contrast, some studies have provided evidence 
for pronounced oceanic oxygenation during the early Cambrian, al-
though the timing constrained for this oxygenation has been incon-
sistent. For example, one opinion stated that the remarkable oxygena-
tion in the Nanhua Basin occurred at the beginning of Stage 3 (Wang 
et al., 2012b; Cai et al., 2015; Chen et al., 2015), while another pro-
posed the start of Stage 4 (Xiang et al., 2017; Li et al., 2017). Following 
these seemingly different observations, spatially heterogeneous and 
stratified redox conditions have been suggested for the early Cambrian 
ocean (Wen et al., 2015; Jin et al., 2016; Guilbaud et al., 2018). In 
addition, there are differences in the stratified redox framework pro-
posed in previous studies, such as euxinic conditions nested within a 
ferruginous setting (Feng et al., 2014) or an oxygen minimum zone 
(OMZ) under an oxic background (Wen et al., 2015; Guilbaud et al., 
2018). How did the stratified redox framework evolve, and was the 
evolution related to biological expansion during the early Cambrian? 

The lower Cambrian sedimentary strata are well exposed on the 
Yangtze Platform in South China, where widespread chert successions 
continuously or discontinuously overlie the Dengying Formation (Zhu 
et al., 2003). Previous studies have reported abundant acritarch and 
metazoan fossils in these cherts (Yang et al., 2016; Ahn and Zhu, 2017;  
Chang et al., 2017), indicating that these cherts were witnesses to 
biological evolution in this region. Additionally, recent studies have 
shown that cherts have broad potential to record the redox conditions 
in paleo-oceans (Fan et al., 2018; Huang et al., 2018; Xiang et al., 2020) 
because of their strong chemical stability after consolidation (André 
et al., 2006; Geilert et al., 2014b). Therefore, these cherts can serve as 
reliable and effective archives for understanding the linkage between 
oceanic oxygenation and metazoan diversification on the Yangtze 
Block. Unfortunately, the origin of regional cherts is poorly understood, 
despite the efforts of several studies. For example, several studies have 
shown that regional cherts may have been derived from large-scale 
hydrothermal activity and/or silica-enriched seawater depending on 
the location (Wang et al., 2012a; Dong et al., 2015; Gao et al., 2020). 
These different origins may cause discrepancies in recording oceanic 
redox signals, especially when the cherts originate from hydrothermal 
fluids (Chen et al., 2009; Fan et al., 2013). Therefore, understanding the 
origin of these cherts is a necessary and important first step to inter-
preting their records of seawater chemistry. 

In this study, rare earth elements (REE) and Si and Fe isotopes in 
three chert sections from the Yangtze Platform were investigated to 
constrain the origin of the cherts and the oceanic redox conditions 
during the early Cambrian. The shelf–slope distribution of these three 
sections and the stratigraphic variation within each section enabled us 

to identify the spatial and temporal redox evolution of the seawater. By 
combining with the occurrence and evolution of small shelly fossils, we 
attempted to determine the relationship between ocean oxygenation 
and biological explosion on the Yangtze Block during the early 
Cambrian. 

2. Geological setting 

2.1. Paleogeography and sedimentary facies 

During the early Cambrian, South China was located in the mid- 
Northern Hemisphere along the northern margin of East Gondwana (Li 
et al., 2008). South China comprises the Yangtze and Cathaysia blocks, 
between which the Nanhua Basin was produced during rifting that in-
itiated at ~830–820 Ma (Wang and Li, 2003). Following the cessation 
of this rifting during the Late Cryogenian, the Nanhua Basin evolved 
into a passive continental margin along the southeastern side (Jiang 
et al., 2003). Ediacaran to Cambrian depositional strata are widely 
distributed on the Yangtze Block, in which the sedimentary facies 
evolve from northwest to southeast, corresponding with the paleo- 
water depth gradient (Wang and Li, 2003). Three sedimentary facies 
were distinguished in previous studies (Steiner et al., 2001; Zhu et al., 
2003; Goldberg et al., 2007). The shelf facies mainly consists of car-
bonates, which are locally interrupted by thin chert deposits (e.g., latest 
Ediacaran–early Cambrian Yanjiahe Formation). The slope facies is 
predominantly characterized by black shales (e.g., early Cambrian 
Niutitang Formation), in which chert deposits are more common than 
shelf carbonates. The basin facies is primarily characterized by organic- 
rich black chert with consecutive sequences (e.g., late Ediacaran–early 
Cambrian Liuchapo Formation). In this study, we investigated three 
chert sections on the Yangtze Block (Fig. 1) that span from the outer 
shelf (Muyang-MY in Hubei Province) to the shelf margin (Zunyi-ZY in 
Guizhou Province) and the slope (Chuanyanping-CYP in Hunan Pro-
vince). Notably, a local intra-platform basin, in which consecutive 
shale-chert deposition occurred (fig. 1 in Chang et al., 2019), developed 
in western Hubei Province during the E–C transition (fig. 1 in Wang 
et al., 2012a and Dong et al., 2015). The MY section, with thin and 
intermittent shale-chert bands within predominated carbonates, was 
close to but not located within the intraplatform basin (Wang et al., 
2012a; Dong et al., 2015). Moreover, one inner-shelf section (Meish-
ucun-MSC in Yunnan Province), one slope section (Yinjiang-YJ in 
Guizhou Province), one basin section (Silikou-SLK in Guangxi Pro-
vince), and one basin core (Chuanye-CY in Zhejiang Province) were 
cited for more comprehensive spatial comparisons (Fig. 1). 

Fig. 1. The paleographic map of South 
China during the early Cambrian, showing 
the locations of the studied (red star) and 
cited (black star) sections in the main text. 
MSC-Meishucun (Fan et al., 2016), MY- 
Muyang, ZY-Zunyi, CYP-Chuanyanping, YJ- 
Yinjiang (Fan et al., 2018), SLK-Silikou (Fan 
et al., 2018), CY-Chuanye (Xiang et al., 
2020). 
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2.2. Information about the studied sections 

The MY section (30°45′21″N, 111°02′44″E) is located near Muyang 
village, which is ~20 km from Yichang City, Hubei Province, South 
China. In this section, the Yanjiahe Formation is overlain by black 
shales of the Shuijingtuo Formation and underlain by dolostones of the 
Dengying Formation. The lower Yanjiahe Formation mainly consists of 
sandy dolostones with interbedded cherts, while the upper Yanjiahe 
Formation is characterized by limestones with interbedded black shales 
(Fig. 2). The thickness of the Yanjiahe Formation near Muyang village is 
~40 m (Guo et al., 2014) or ~50 m (Ahn and Zhu, 2017; Chang et al., 
2019), which largely depends on the definition of the Dengying–Yan-
jiahe boundary (Chang et al., 2019). For the scenario of ~40-m thick-
ness (adopted here), Micrhystridium-like acritarchs were reported to be 
~5–15 m above the Yanjiahe–Dengying boundary (Dong et al., 2009;  
Jiang et al., 2012) and have been suggested to mark the E–C boundary 
(Ahn and Zhu, 2017; Chang et al., 2019). There are two phosphorite 
layers in the Yanjiahe Formation: one is located slightly above the 
horizon of acritarchs and contains small shelly fossils from assemblage 
1 (SSF1), and the other is located at the top of the Yanjiahe Formation 
and contains small shelly fossils from assemblage 3 (SSF3) (Fig. 2; Guo 
et al., 2014). Moreover, volcanic tuff is present in the basal Shuijingtuo 
Formation, which was dated to ~526.4 ± 5.4 Ma by using zircon nano- 
SIMS U–Pb dating (Fig. 2; Okada et al., 2014). 

The stratigraphy and petrology of the ZY section (27°41′22″N, 
106°40′37″E) were described in detail by Fan et al. (2011) and Pages 
et al. (2018). In this section, the black shales of the Niutitang Formation 
are underlain by dolostones of the Dengying Formation (Fig. 2). Here, 
we focused on only the lowermost ~5 m of the whole Niutitang For-
mation, where cherts are interbedded with black shales (hereafter, we 
call this unit the Niutitang Formation exclusively). The boundary be-
tween the Dengying and Niutitang formations is characterized by a thin 
phosphorite layer (~10 cm). Above this phosphorite layer is a K-ben-
tonite layer (tuff), which was dated to 532 ± 0.7 Ma by using zircon 
SHRIMP U–Pb dating (Jiang et al., 2009). Subsequently, ~3-m cherts 
that are interbedded with black shales occur, which are overlain by 
another phosphorite layer. A Ni-Mo sulfide layer (2–15 cm in thickness) 
is present ~5 m above the basal Niutitang Formation (Pages et al., 

2018), for which absolute ages of 521 ± 5 Ma were obtained by Re–Os 
dating (Xu et al., 2011). 

The CYP section (29°11′7″N, 110°54′47″E) is located on the south-
western side of and 10 km from Zhangjiajie City, Hunan Province, 
South China. At the bottom of this section, the dolostones of the 
Dengying Formation are present (Fig. 2; Fan et al., 2013). Similarly to 
the Zunyi section, the Dengying Formation is overlain by a phosphorite 
layer and volcanic tuff, which are subsequently overlain by a chert unit 
(consecutive ~10-m sequences). The absolute age of the tuff in this 
section has not been determined, but this tuff may be correlated to a 
tuff unit within the Liuchapo Formation in the nearby Ganziping sec-
tion (~10 km from the CYP section), which was dated to 
536.3 ± 5.5 Ma by using zircon SHRIMP U–Pb dating (Chen et al., 
2009). Therefore, the ~10-m cherts that overlie the volcanic tuff in this 
section have been suggested to be part of the Niutitang Formation (Fan 
et al., 2013). At the top of these cherts, another phosphorite layer is 
present and is overlain by > 30-m black shales (Niutitang Formation). 
A Ni-Mo sulfide layer occurs at the base of the black shale sequences, 
which have identical ages as those in the ZY section (521 ± 5 Ma; Xu 
et al., 2011) (Fig. 2). 

2.3. Regional stratigraphic correlation 

In addition to our three studied sections, the MCS section is included 
in the discussion of the regional stratigraphic correlation (Fig. 2). The 
MSC section is a former candidate for the Global Stratotype Section and 
Gold Point for the E–C boundary strata and contains reported Fe-isotope 
data that are cited later in the discussion (Fan et al., 2016). Here, we 
predominantly utilized absolute ages to correlate different sections. 
Based on the available isotope-dating data (Fig. 2), the volcanic tuff in 
both the basal Niutitang Formation (532.3 ± 0.7 Ma; ZY section) and 
basal Liuchapo Formation (536.3 ± 5.5 Ma; CYP section) can be cor-
related to the tuff in the middle Zhujiaqing Formation (535.2 ± 1.7 Ma; 
MSC section; Zhu et al., 2009). No absolute ages are available for the 
lower MY section, but biostratigraphic proxies can be used as refer-
ences. According to recent studies (Ahn and Zhu, 2017; Chang et al., 
2019), the E–C boundary may be near the occurrence of Micrhystridium- 
like acritarchs. Therefore, the MY cherts may have been deposited 

Fig. 2. The stratigraphic columns of the three studied sections on the Yangtze platform and their correlation to the Meishucun section mainly following the 
chronostratigraphic information and secondarily refering to biostratigraphic information (modified from Jiang et al., 2012). The chronostratigraphic information of 
the Meishucun (MSC) section was cited from Zhu et al. (2009) and Okada et al. (2014). 
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slightly earlier than ~535 Ma and may be slightly older than the ZY and 
CYP cherts (Fig. 2). The upper correlation can be calibrated by using the 
ages of the Ni-Mo sulfide layer (521 ± 5 Ma) in the ZY and CYP sections 
and the absolute ages of the tuff from the upper Zhujiaqing Formation 
in the MCS section (523.9 ± 6.7 Ma; Okada et al., 2014) and the basal 
Shuijingtuo Formation in the MY section (526.3 ± 5.4 Ma; Okada et al., 
2014) (Fig. 2). 

3. Samples and methods 

3.1. Samples 

Twenty-four fresh cherts and six interbedded rocks (dolostones and 
black shales) were collected from the three sections described above. In 
the MY section, cherts commonly occurred as bands with a thickness of 
a few centimeters within dolostones (Fig. 3A). Six cherts and three in-
terbedded carbonates were collected within an ~4-m span in the lower 
Yanjiahe Formation. These samples were close to and slightly above the 
occurrence of Micrhystridium-like acritarchs (Fig. 2). Petrography ob-
servations showed major microcrystalline and fibrous quartz alongside 

Fig. 3. A. Field photograph of the Muyang (MY) cherts from the lower Yanjiahe Formation, showing that the cherts are interbedded with dolostones. B. Thin section 
photomicrograph of the representative MY-14 sample, showing major microcrystalline quartz and minor residual carbonate minerals under cross-polarized trans-
mitted light. C. Field photograph of the Zunyi (ZY) cherts from the lower Niutitang Formation, showing that the cherts are interbedded with black shales. D. Thin 
section photomicrograph of the representative ZY-26 sample, showing major microcrystalline quartz and minor organic matter and clay minerals under cross- 
polarized transmitted light. E. Field photograph of the Chuanyanping (CYP) cherts from the Liuchapo Formation, showing consecutive chert sequences. F. Thin- 
section photomicrograph of the representative CYP-08 sample, showing near-pure microcrystalline quartz under cross-polarized transmitted light. 
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minor carbonate residuals and diagenetic pyrites (~100 μm) in these 
cherts (Fig. 3B). In the ZY section, the cherts were interbedded with 
black shales (Fig. 3C). Seven cherts and three interbedded black shales 
were sampled within an ~3-m span in the Niutitang Formation. In 
addition to the major microcrystalline quartz, some organic matter and 
clay minerals were observed in the ZY cherts (Fig. 3D). In the CYP 
section, the cherts occurred as thick continuous bands (Fig. 3E). Eleven 
cherts were sampled within an ~7-m span in the Liuchapo Formation. 
Microphotography showed nearly pure microcrystalline and fibrous 
quartz in the CYP cherts, locally with quartz veins crossing the sedi-
mentary sequence (Fig. 3F). 

3.2. Methods 

3.2.1. Major- and trace-element concentrations 
The samples were crushed into 200-mesh powder, and then ~4-g 

powder samples were mixed with 7 g of lithium tetraborate powder in a 
platinum crucible. The mixture was melted and pelleted into fused glass 
at a high temperature of > 1000 °C for 2 h. The major elements were 
determined by X-ray fluorescence (XRF) at ALS Chemex Co., Ltd. 
(Guangzhou). Standard reference materials were analyzed together 
with unknown samples, and the precision was better than 5% (Fan 
et al., 2013). 

Powder samples (~50 mg) were digested in Savillex vials by using 
ultra-pure HF and HNO3 at high temperature (T  >  140 °C) for 72 h. 
After complete digestion and HF-HNO3 evaporation, the samples were 
diluted in 3% HNO3 with a quantitative Rh internal standard solution. 
The clear solution was analyzed for trace elements and REE by using 
inductively coupled plasma mass spectrometry (ICP-MS) at the Institute 
of Geochemistry, Chinese Academy of Sciences (CAS). The precision 
was better than 3%, as determined from the results of the standard 
reference materials of GBPG-1 (garnet-biotite plagiogneiss), OU-6 
(Penrhyn slate), and AMH-1 (Mount Hood andesite) (Qi et al., 2000). 

3.2.2. Silicon isotopes 
The measurement of Si isotopes followed the procedure reported by  

Ding (2004). Powder samples (~100 mg) were batched with con-
centrated HCl at 80 °C for 12 h to remove carbonates and sulfides. The 
solution was filtered, and the residue was washed at least in triplicate 
with Milli-Q water. The residue was then dried at 100 °C in an oven and 
ashed at 500 °C in a muffle furnace to remove organic material. After 
these pretreatments, SiO2 was converted to SiF4 through reaction with 
BrF5 in a metal vacuum system (Clayton and Mayeda, 1963). SiF4 was 
first separated from O2, N2, BrF3, and BrF5 through several stages of 
distillation and condensation at liquid-nitrogen temperatures. Subse-
quently, SiF4 was purified from other active fluorine compounds by 
transfer through a Cu tube that contained pure Zn particles at 60 °C. 
The Si-isotope ratios were then analyzed with a MAT-253 gas-source 
isotope ratio mass spectrometer at the Institute of Mineral Resources, 
CAGS. The accuracy and reproducibility of the analyses were evaluated 
through repeated measurements of two Chinese national reference 
materials, namely, GBW04421 (δ30Si = 0.0‰) and GBW04422 (δ30Si 
= -2.6‰), which yielded a total analytical precision of better than ±  
0.1‰. All the Si-isotope compositions are reported relative to the NBS- 
28 reference material. 

3.2.3. Iron isotopes 
Powder samples (~200 mg) were ashed at 500 °C to degrade or-

ganic material and then digested by using an acid mixture of ultra-pure 
HF and HNO3 at 120 °C for 24 h. After the complete digestion and 
evaporation of HF and HNO3, the samples were diluted in 6N HCl acid. 
The chemical purification for Fe-isotope analysis was conducted with 
AGMP-1 resin following the methods of Tang et al. (2006). The Fe- 
isotope compositions were measured by using a Nu multi-collector ICP- 
MS at the Institute of Geology, CAGS. The Fe-isotope compositions were 
expressed in standard notation as the δ56Fe deviation from IRMM-014. Ta
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The accuracy and long-term reproducibility of each analytical run were 
tested by routine analyses of a laboratory standard (GSR-3, δ56Fe = 
0.23‰) and an international geostandard (BHVO-1, δ56Fe = 0.11‰), 
and the long-term external reproducibility (2σ) of the δ56Fe measure-
ments following this method was ± 0.10‰ (Zhao et al., 2012). 

4. Results 

4.1. Major and trace elements 

The results of major and trace elements are shown in Tables 1 and 2. 
The MY and CYP cherts were characterized by relatively constant and 
high concentrations of SiO2, mostly exceeding 93.00%. These cherts 
contained low Al (mostly between 0.24% and 1.08%) and Fe (mostly 
between 0.08% and 0.46%) concentrations. In contrast, the ZY cherts 
yielded lower and more variable concentrations of SiO2 (79.44% to 
91.66%) but higher Al (mostly between 0.80% and 3.58%) and Fe 
(0.43%–1.30%) concentrations. 

Shale (post-Archean Australian shale, PAAS)-normalized REE pat-
terns are shown in Fig. 4. The REE patterns of the MY cherts were 
characterized by apparent negative Ce anomalies (0.64–0.78), negli-
gible Eu anomalies (0.96–1.19), and superchondritic Y/Ho ratios 
(average value of 32). The ZY cherts showed negative Ce (0.49–0.74) 
and Eu anomalies (0.40–1.06) and superchondritic Y/Ho ratios 
(average value of 39). Relatively high concentrations of total REE 
(ΣREE) were observed in the ZY cherts, mostly ranging from 23.28 to 
85.05 ppm, which may reflect contributions from continental clay mi-
nerals (Fig. 3D). The CYP cherts exhibited obvious positive Eu 
anomalies (2.04–27.28.81), which may have resulted from hydro-
thermal activities (Fan et al., 2013). Additionally, these cherts had 
more variable and lower Y/Ho ratios (25.10 to 34.67) than those in the 
other two sections. 

4.2. Silicon isotopes of whole rocks 

The Si-isotope results are shown in Table 2. The three groups of 
cherts in this study showed different characteristics of Si-isotope com-
position. The δ30Si values of the MY cherts clustered within a narrow 
range from 0.5‰ to 0.9‰ (except for one value, -0.3‰), with an 
average value of 0.7‰. The ZY cherts were characterized by identical 
~0.0‰ and slightly negative δ30Si values from -0.2‰ to 0.0‰. In 
contrast to the ZY and MY cherts, the CYP cherts possessed widely 
varying δ30Si values from -0.5‰ to 1.2‰ (Fan et al., 2013). There was 
an increasing trend in δ30Si values from the bottom to the top of the 
Lliuchapo Formation in this section. 

4.3. Iron isotopes of whole rocks 

The Fe-isotope results are reported in Table 2. The δ56Fe values 
ranged from -0.41‰ in the CYP cherts to 0.99‰ in the ZY cherts but 
were mostly positive. The δ56Fe values of the MY cherts were relatively 
constant, with an average of 0.45‰. In contrast, the ZY and CYP cherts 
were characterized by a bimodal distribution of lower δ56Fe values 
(mostly between 0.20‰ and 0.50‰) and higher δ56Fe values (0.74‰ 
to 0.99‰). Interestingly, the ZY cherts showed decreasing δ56Fe values 
from the bottom to the top, whereas the δ56Fe values in the CYP cherts 
increased systematically. 

5. Discussion 

5.1. Origin mechanisms of cherts 

Marine sedimentary cherts generally have three fundamental origin 
mechanisms: diagenetic replacement of precursor sediments, direct 
chemical precipitation from seawater, and hydrothermal activity (Van 
den Boorn et al., 2010; Fan et al., 2013; Dong et al., 2015; Brengman 
and Fedo, 2018; Shen et al., 2018). According to previous studies, the 

Table 2 
The δ30Si and δ56Fe values, and major and trace elements in cherts from the three studied sections.               

Sample Lithology δ30Si (‰) δ57Fe (‰) 2σ (‰) δ56Fe (‰) 2σ (‰) SiO2 (%) Fe (%) V (ppm) Ni (ppm) Ba (ppm) Fe/Al  

Muyang section 
MY-28 Chert 0.8 0.61 0.12 0.42 0.12 93.23 0.32 9 5 173 0.36 
MY-29 Chert 0.7 0.82 0.04 0.56 0.08 95.26 0.12 35 10 206 0.31 
MY-14 Chert -0.3 0.65 0.13 0.41 0.10 93.88 0.20 17 5 171 0.80 
MY-16 Chert 0.6 0.57 0.13 0.39 0.13 94.00 0.29 15 6 252 0.48 
MY-18 Chert 0.9 0.60 0.05 0.44 0.03 87.69 0.36 16 6 177 0.56 
MY-19 Chert 0.5 0.67 0.16 0.47 0.11 91.88 0.29 14 15 506 0.53  

Zunyi section 
XZ-13 Chert 0.0 0.63 0.17 0.43 0.12 80.87 1.25 323 82 894 0.81 
XZ-16 Chert -0.2 0.76 0.03 0.56 0.02 91.62 0.42 219 34 2350 1.56 
XZ -18 Chert -0.1 0.78 0.01 0.54 0.06 89.29 0.43 193 44 2125 0.54 
XZ -20 Chert -0.1 1.40 0.06 0.98 0.04 83.06 0.67 639 88 746 0.23 
XZ -22 Chert -0.1 1.19 0.08 0.82 0.04 79.44 1.31 470 54 954 0.37 
XZ -26 Chert -0.2 1.09 0.00 0.74 0.08 80.43 0.71 2064 81 837 0.23 
XZ -28 Chert -0.2 1.42 0.01 0.99 0.04 91.66 0.70 776 33 408 0.50  

Chuanyanping section 
CYP-11 Chert 1.1 1.42 0.03 0.98 0.03 95.89 0.26 12 7 464 0.38 
CYP-10 Chert 1.0 1.20 0.02 0.82 0.01 95.76 0.17 11 8 366 0.31 
CYP-09 Chert 1.2 0.68 0.10 0.46 0.00 96.50 0.29 11 5 1690 0.48 
CYP-8.5 Chert - 0.53 0.01 0.35 0.14 95.84 0.27 20 7 501 0.43 
CYP-08 Chert 0.4 0.59 0.09 0.43 0.09 97.10 0.08 15 8 206 0.34 
CYP-07 Chert 0.7 0.58 0.09 0.41 0.05 94.99 0.14 53 3 5750 0.18 
CYP-06 Chert 0.5 0.39 0.04 0.32 0.03 95.02 0.46 25 4 2400 0.85 
CYP-05 Chert 0.2 0.42 0.02 0.26 0.02 96.28 0.09 19 7 2750 0.19 
CYP-04 Chert 0.1 0.32 0.00 0.24 0.00 93.07 0.18 28 5 9950 0.24 
CYP-03 Chert -0.3 -0.64 0.05 -0.41 0.05 90.92 0.77 53 7 4480 0.71 
CYP-02 Chert -0.5 0.07 0.05 0.06 0.00 85.00 0.45 73 7 6830 0.22 

The SiO2, Fe, and Ni contents of the ZY cherts were cited from Fan et al. (2011), except the XZ-22. The SiO2, Al, V, Ni and Ba contents, and δ30Si values of the CYP 
cherts were cited from Fan et al. (2013), except the CYP-8.5. “-” mean not measured.  

H. Zhang, et al.   Palaeogeography, Palaeoclimatology, Palaeoecology 558 (2020) 109961

7



E–C transition cherts on the Yangtze Block may have different origin 
mechanisms. For example, Dong et al. (2015) and Gao et al. (2020) 
found that cherts at the SLK locale and Upper–Middle Yangtze area 
originated from either diagenetic alteration of precursor sediments or 
direct deposition from seawater. In contrast, Chen et al. (2009) and  
Wang et al. (2012a) proposed that cherts in western Hunan Province 
mostly originated from hydrothermal fluids. The MY and ZY cherts 
were interbedded with dolostones and black shales, respectively 
(Fig. 3A and C), and retained their residues (Fig. 3B and D), which may 
indicate that these cherts were formed by the replacement of precursor 
sediments. In contrast, the CYP cherts were consecutive sequences and 
dearth of precursor ghosts based on the stratigraphic context and pet-
rographic observations (Fig. 3E and F). Thus, the CYP cherts may have 
been derived from direct chemical precipitation from seawater and/or 
hydrothermal fluids. The stratigraphic background and petrographic 
observations provide a skeleton for the origin mechanisms of the stu-
died cherts, and additional details can be determined from the geo-
chemical characteristics of these cherts (Brengman and Fedo, 2018;  
Shen et al., 2018). 

5.1.1. Indications from rare earth elements 
In the MY cherts (Fig. 4A), the REE patterns showed negative Ce 

anomalies, obscure Eu anomalies, and superchondritic Y/Ho ratios 
(average value of 32), which are comparable to the REE characteristics 
of modern seawater (Alibo and Nozaki, 1999). However, the MY cherts 
also exhibited heavy-REE (HREE) depletion, which contrasts with 
modern seawater (Fig. 4D). Detrital contamination may affect the 
chemically deposited REE signals of cherts (Wen et al., 2016), but this 
speculation can be discounted based on the lack of correlations between 
the ΣREE and Al concentrations (Fig. 5A). Marine sedimentary carbo-
nates are often depleted in HREE, owing to the decreasing partition 
coefficients of REE between carbonate and seawater with increasing 

REE atomic number (Zhong and Mucci, 1995). The MY carbonates also 
presented depletion in HREE, similarly to the regional carbonates that 
were reported by Ling et al. (2013) and Wen et al. (2016), who argued 
that these carbonates primarily recorded REE signals of seawater. The 
MY section (Fig. 4A) had identical REE patterns in the cherts and in-
terbedded dolostones, indicating that the MY cherts may have inherited 
the REE signatures of precursor dolostones during diagenetic replace-
ment. This observation is coincident with the reports by Van den Boorn 
et al. (2010), who proposed that the REE signals of carbonates can 
(partially) survive diagenetic alteration. Therefore, we argue that the 
MY cherts predominantly recorded the REE signatures of seawater 
through diagenetic replacement, despite the depletion in HREE because 
of parental carbonate discrimination (Zhong and Mucci, 1995). 

Except for markedly negative Eu anomalies (Fig. 4B), the ZY cherts 
showed modern seawater-like REE patterns with HREE enrichment, 
negative Ce anomalies, and superchondritic Y/Ho ratios (average value 
of 39). As indicated by the relatively high ΣREE and Al concentrations 
and their positive correlation (Fig. 5A), the REE signatures of the ZY 
cherts may have been affected by silicate detritus (Ling et al., 2013;  
Wen et al., 2016). Indeed, the Zunyi cherts have REE patterns identical 
to those of paragenetic shales, suggesting REE retention during diage-
netic replacement, similarly to the MY cherts. Generally, PAAS shale- 
normalized REE patterns of silicate detritus should be flat (Nothdurft 
et al., 2004), while the interbedded black shales (silicate detritus) in the 
ZY section yielded seawater-like REE patterns, except for the negative 
Eu anomalies. Brengman and Fedo (2018) observed that seawater-rock 
interactions during the silicification of volcanics gradually produce si-
licified rocks with seawater-like REE signals. Thus, the seawater-like 
REE signatures in the ZY shales may be attributed to extensive sea-
water-rock interactions during silicification (Rouchon and Orberger, 
2008; Rouchon et al., 2009). Additionally, negative Eu anomalies are 
common in mafic volcanics because of their low plagioclase content 

Fig. 4. PAAS-normalized REE+Y patterns of cherts and several interbedded rocks (dolostones and black shales) in the three studied sections compared with those of 
modern oxic seawater (Alibo and Nozaki, 1999) and high-temperature hydrothermal fluids (Bau et al., 1996). The data for the Ganzipin (GZP) and Dapin (DP) cherts 
were cited from Wang et al. (2012a). The dolostones of MY-13, MY-15, and MY-17 are located around the cherts of MY-14 and MY-16, respectively, the black shales 
of ZY-19, ZY-21, and ZY-27 are located around the cherts of ZY-20 and ZY-26, respectively. 
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(Basu et al., 1991), which may explain the negative Eu anomalies in the 
ZY shales. It is possible that the ZY shales possessed less plagioclase 
enrichment than the PAAS shales, and thus, negative Eu anomalies 
occurred in the ZY shales. Therefore, we maintain that the ZY cherts 
predominantly documented the REE signals of seawater through di-
agenetic replacement, despite the negative Eu anomalies. 

The REE patterns of the CYP cherts were previously discussed by  
Fan et al. (2013). The CYP cherts were marked by pronounced positive 
Eu anomalies (Fig. 4C), similarly to the nearby Ganzipin and Dapin 
sections (Wang et al., 2012a), which may indicate intensive hydro-
thermal activities (Derry and Jacobsen, 1990). However, positive Eu 
anomalies might also result from hydrothermal Ba interference during 
measurement (Dulski, 1994), which can be detected by the correlations 
between Eu/Eu* and Ba/Nd (Ling et al., 2013). The obvious positive 
correlations between Eu/Eu* and Ba/Nd suggest that the positive Eu 
anomalies in the CYP cherts may be artificial (Fig. 5B). Nevertheless, 
partial positive Eu anomalies may be real because several ZY cherts 
with similarly high Ba contents did not have correspondingly positive 
Eu anomalies (Fig. 5B). Moreover, an extremely high Ba content in 
cherts is a characteristic of hydrothermal products (Urabe and 
Kusakabe, 1990; Stuben et al., 1994). The Eu anomalies and Ba contents 
in the CYP cherts showed a bimodal distribution: the six lower cherts 
yielded higher Eu/Eu* values and Ba contents than the five upper cherts 
(Fig. 5B), indicating that hydrothermal activity decreased abruptly 
across the CYP section. The REE patterns of the CYP cherts, except for 
the positive Eu anomalies, were still comparable to those of seawater. 
Therefore, we propose that the CYP cherts documented mixed REE 

signals from seawater and hydrothermal fluids. The six lower cherts 
were dominated by hydrothermal fluids, whereas the five upper cherts 
were mainly controlled by seawater. 

5.1.2. Indications from silicon isotopes 
The three groups of cherts in this study differed in their Si-isotope 

compositions: the MY cherts showed positive and relatively homo-
geneous δ30Si values (0.5‰ to 0.9‰, except for one value of -0.3‰), 
the ZY cherts yielded identical δ30Si values of ~0‰ (-0.2‰ to 0.0‰), 
and the CYP cherts possessed widely varying δ30Si values (-0.5‰ to 
1.2‰). Early diagenesis may have redistributed Si isotopes in internal 
microquartz through their dissolution and reprecipitation in precursor 
sediments (Marin-Carbonne et al., 2012; Tatzel et al., 2015). However, 
previous studies have shown that this process would not have sig-
nificantly modified the Si-isotope signals of the bulk cherts if the 
transformation from precursor sediments to cherts did not involve ex-
ternal fluids (Heck et al., 2011; Ziegler and Marin-Carbonne, 2012; Li 
et al., 2014; Tatzel et al., 2015). Additionally, postdiagenetic meta-
morphism and metasomatism are also supposed to have minor effects 
on the Si-isotope signals of cherts because of their strong chemical 
stability and extremely abundant Si (André et al., 2006; Heck et al., 
2011; Geilert et al., 2014b). Therefore, the different δ30Si values of the 
studied cherts may predominantly reflect the distinct sources and 
conditions of initial deposition. 

The cherts that were derived from the silicification of volcanic rocks 
(S-cherts) were generally characterized by > 1.3% Al contents (> 2.5% 
Al2O3 contents), while the chemically precipitated cherts (C-cherts) 
were typically characterized by much lower Al2O3 contents (Van den 
Boorn et al., 2010; Fan et al., 2013; Geilert et al., 2014b; Brengman and 
Fedo, 2018). Moreover, S-cherts can record a Si-isotope signal identical 
to that of volcanic rocks, which is close to 0‰ (Georg et al., 2007;  
Savage et al., 2013; Chemtob et al., 2015), and thus can be easily dis-
tinguished from C-cherts. Additionally, the Si-isotope composition of 
the E–C boundary seawater (> 2.6–2.9‰; Wen et al., 2016) was gen-
erally much heavier than that of hydrothermal fluids (~-0.2‰; Van den 
Boorn et al., 2010). The Si-isotope fractionation in the E–C boundary 
and Precambrian ocean was mainly under the control of inorganic 
processes (Ramseyer et al., 2013; Marin-Carbonne et al., 2014), which 
produced △30Si(solid-aqueous) values from -2.0‰ to -1.0‰ (Delstanche 
et al., 2009; Geilert et al., 2014a; Wen et al., 2016). Thus, seawater- 
derived C-cherts often yield positive δ30Si values, whereas hydro-
thermally derived C-cherts are commonly marked by negative δ30Si 
values (De La Rocha et al., 2000; Marin-Carbonne et al., 2012;  
Ramseyer et al., 2013; Geilert et al., 2014b; Li et al., 2014). The δ30Si 
values, the Al contents and their relationships (Fig. 6) were broadly 
applied to distinguish the potential sources of silica in ancient cherts 
(Van den Boorn et al., 2010; Marin-Carbonne et al., 2012; Ramseyer 
et al., 2013; Geilert et al., 2014b; Wen et al., 2016). Based on this 
model, the relatively homogeneous δ30Si values in the MY and ZY 
cherts, particularly in the latter, may reflect a single isotopically 
homogeneous source of silica. However, the broadly changing δ30Si 
values in the CYP cherts may have resulted from mixing Si-enriched 
hydrothermal fluids with seawater or from successive isotopic fractio-
nation (Fig. 6). 

The MY cherts were characterized by positive δ30Si values from 
0.5‰ to 0.9‰ (except for one value, -0.3‰) and low Al concentrations 
(average value of 0.55%), which may reflect major contributions from 
silica-rich seawater (Fig. 6). For example, Ramseyer et al. (2013) in-
sisted that the ~540-Ma organism-rich laminated cherts from the South 
Oman Salt Basin (mostly < 1.87% Al2O3; δ30Si = 0.83 ± 0.28‰) were 
derived from seawater rather than hydrothermal fluids. The ~3.42-Ga 
black chert bands with mostly positive δ30Si values (< 0.2% Al2O3; 
δ30Si = 0.31 ± 0.19‰) from the Barberton Greenstone Belt in South 
Africa were also preferentially ascribed to seawater contributions 
(Geilert et al., 2014b). As discussed in Section 5.1.1, the REE of the MY 
cherts were inherited from precursor carbonates through diagenetic 

Fig. 5. A. The comparison between total the rare earth elements (ΣREE) and Al 
contents of the studied cherts (not showing the abnormal MY-14), reflecting the 
ΣREE in the Zunyi (ZY) cherts may have detrital contributions. B. The corre-
lation between Eu/Eu* and Ba/Nd ratios of the studied cherts, indicating that 
partial Eu/Eu* of the Chuanyanping (CYP) cherts may be artificial. 
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replacement, while the δ30Si values denoted seawater as the funda-
mental silica source for the MY cherts. A possible interpretation is that 
the REE in the precursor carbonates survived diagenetic replacement, 
while the Si content was limited therein and not sufficient for shaping 
the cherts; thus, an external Si source from seawater was necessary. 
Therefore, the silica in these cherts derived from replacing carbonate 
precursors may have also been derived from Si-enriched seawater. 

The ZY cherts were marked by ~0.0‰ δ30Si values (-0.2‰ to 
0.0‰) and high Al concentrations (average value of 1.9%), which 
suggest volcanic rocks as the primary silica source (Fig. 6; Van den 
Boorn et al., 2010; Geilert et al., 2014b). The identical δ30Si values of 
~0.0‰ in both the ZY cherts and reported volcanics (Savage et al., 
2013; Chemtob et al., 2015) may reflect the complete inheritance of Si 
isotopes from silicate when these rocks were converted into quartz. Van 
den Boorn et al. (2010) proposed that the complete inheritance of Si 
isotopes from silicates may be attributed to incomplete silicification by 
seawater. For example, in their article (Kitty’s Gap stratiform cherts, 
~3.5 Ga), partially silicified S-cherts with Al contents from 2.0% to 
5.0% had ~0‰ Si-isotope signals, whereas fully silicified cherts with Al 
contents of < 1.3% yielded Si-isotope signals from ~0.4‰ to ~1.0‰, 
similar to those of seawater-derived cherts. This observation illustrates 
that the formation of S-cherts may involve silica from seawater instead 
of silica that was transformed from silicate. However, the δ30Si values 
of the ZY cherts remained almost constant (~0.0‰), although their Al 
contents (0.27% to 3.58%) covered the range of the Kitty’s Gap S- 
cherts, in which the Si-isotope signals deviated from those in volcanic 
materials (Van den Boorn et al., 2010). This observation suggests that 
the ~0‰ δ30Si values of the ZY cherts were not controlled by the extent 
of silicification and that the formation of S-cherts may have been pre-
dominantly associated with the internal Si cycle. Therefore, we main-
tain that the ZY cherts may have been formed by the conversion of 
silicate detritus to quartz through water-rock interactions (Rouchon 
and Orberger, 2008; Rouchon et al., 2009; Brengman and Fedo, 2018), 
during which the Si-isotope signals of the silicate may have been pre-
dominantly preserved. 

The Si-isotope signals of the CYP cherts were previously deciphered 
by Fan et al. (2013). The low Al contents of < 1.08% (except for one 
value of 2.07%) suggest that the CYP cherts are mainly C-cherts (Fig. 6). 
The δ30Si values of the CYP cherts varied widely (-0.5‰ to 1.2‰) and 
increased from the bottom to the top of the section (Fig. 7), which may 
be attributed to gradual mixing with an isotopically heavier Si source or 

Si-isotope fractionation through successive silica deposition. Negative 
δ30Si values (-0.5‰ and -0.3‰) occurred in only the two lowest cherts 
in this section (CYP-02 and CYP-03) and were similar to the values of 
modern seafloor hydrothermal fluids (-0.4‰ and -0.2‰; De La Rocha 
et al., 2000). Hydrothermally derived cherts, such as the Archean 
translucent cherts from the Barberton Greenstone Belt in South Africa 
(average δ30Si value of -0.3‰; Geilert et al., 2014b), are also char-
acterized by negative Si-isotope signals. Therefore, the two lowest CYP 
cherts with negative δ30Si values may have originated from hydro-
thermal fluids. The subsequent transformation towards positive δ30Si 
values along the section (Fig. 7) may have resulted from increasing 
seawater contributions rather than Si-isotope fractionation through 
successive silica deposition events because the cherts with higher δ30Si 
values in the upper section also corresponded to weaker Eu anomalies 
(Fig. 5B). Moreover, positive δ30Si values are difficult to obtain in 
cherts through hydrothermal processes (Marin-Carbonne et al., 2012;  
Geilert et al., 2014b) because of the significant isotopic fractionation 
(△30Si(solid-aqueous) = -2.0‰ to -1.0‰) during silica deposition 
(Delstanche et al., 2009; Geilert et al., 2014a; Wen et al., 2016). Hy-
drothermal activity may have stopped between CYP-07 and CYP-08 
because the Ba content in the two cherts abruptly and sharply decreased 
from 5750 ppm to 206 ppm and then remained consistently low (mostly 
≤501 ppm; Table 2). Moreover, the δ30Si values of the five upper CYP 
cherts (CYP-08 to CYP-11) were comparable to those of the MY cherts 
(Fig. 6), suggesting that these cherts predominantly originated from 
chemical precipitation from seawater. Together, the six lower CYP 
cherts (CYP-02 to CYP-07) had varying degrees of hydrothermal in-
fluences, while the five upper cherts (CYP-08 to CYP-11) were mainly 
derived from seawater. 

5.2. Redox conditions recorded by cherts 

5.2.1. Indications from rare earth elements 
The formation of Ce anomalies in marine sediments predominantly 

depends on the redox conditions of seawater in association with the 
oxidation of soluble Ce3+ to insoluble Ce4+ (German et al., 1991; Bau 
et al., 1996; Alibo and Nozaki, 1999). In oxic seawater, Ce3+ can be 
easily oxidized to Ce4+ by Fe-Mn oxides after strong adsorption onto 
the latter, which results in extremely negative Ce anomalies in ambient 
seawater and positive Ce anomalies in Fe-Mn sediments (Bau et al., 
1996; Alibo and Nozaki, 1999). In suboxic and anoxic seawater, Ce 
anomalies are smaller or absent due to the reductive dissolution of Fe- 
Mn oxide particles (German et al., 1991). The Black Sea, for example, is 
characterized by stratified redox conditions and shows changing Ce 
anomalies in the water column. In the oxic surface water (0–76 m), the 
Ce/Ce* ratio decreases from 0.54 to 0.05 with depth, which results 
from the adsorption and oxidation scavenging of Ce3+ by Mn-oxides 
(German et al., 1991). In the suboxic zone (76 m–110 m), following the 
increase in dissolved Mn, the Ce/Ce* ratio shifts systematically from 
0.05 to 0.64, which may reflect partial transformation from Ce4+ and 
Mn4+ to Ce3+ and Mn2+, respectively (German et al., 1991). In the 
deeper anoxic zone (110–180 m), coupled with the increase in dis-
solved Fe, the Ce/Ce* ratio increases progressively from 0.6 to 1.0 with 
depth (German et al., 1991). Below the sulfidic interface at ~180 m, 
which is characterized by the occurrence of abundant free H2S, the Ce/ 
Ce* ratio of the seawater remains nearly constant at ~0.9 (German 
et al., 1991). Therefore, Ce anomalies may be an effective parameter in 
sediments for evaluating the redox conditions of ambient seawater 
(Ling et al., 2013; Tostevin et al., 2016). 

However, postdepositional diagenesis is likely to modify the Ce/Ce* 
ratio of sediments, during which the REE patterns are inclined to be-
come progressively enriched in Ce and the Dy/SmN ratio decreases 
(Shields and Stille, 2001). The lack of a relationship between the Ce/ 
Ce* and Dy/SmN ratios suggests a negligible alteration of Ce anomalies 
during diagenetic processes (Fig. 8A). Fig. 8B shows that these samples 
had real Ce anomalies, rather than those caused by La overabundance 

Fig. 6. The relationship between the δ30Si values and Al contents, through 
which three origin mechanisms of cherts can be distinguished: 1) seawater- 
derived cherts with low Al content and positive δ30Si values, 2) hydrothermally 
derived cherts with low Al content and negative δ30Si values, and 3) detritus- 
derived cherts with a high Al content and near-zero δ30Si values. S-Chert: sili-
cified chert; C-Chert: chemically precipitated chert (Van den Boorn et al., 
2010). 
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(Ling et al., 2013). The Ce/Ce* ratio in these studied cherts ranged from 
0.49 to 0.78, largely overlapping with those of suboxic seawater (0.05 
to 0.64) and anoxic seawater (0.6 to 1.0) in the modern stratified ocean 
(German et al., 1991). Therefore, the Ce anomalies of these cherts 
suggest a deposition setting near the suboxic/anoxic interface (German 
et al., 1991), in which the reductive dissolution of Mn and Fe occurred. 
No obvious changes in the Ce/Ce* ratio occurred in the three studied 
sections or within a single section, except for slightly lower Ce/Ce* 
ratios in the ZY section (Fig. 7), which may have resulted from detrital 
effects (Fig. 3D). Additionally, the Ce/Ce* ratio in modern open ocean 
is generally less than 0.55 owing to the high oxygen concentration in 
the modern atmosphere (Alibo and Nozaki, 1999; German et al., 1995;  
Ling et al., 2013). The shallowest MY cherts yielded a mean Ce/Ce* 
ratio of 0.72, which may suggest that the overall oxygen level of the 
ocean and atmosphere at that time was lower than the current value. 

The Y/Ho ratio of chondrites is ~27 (Pack et al., 2007), which is 
often used as a reference for positive or negative Y anomalies in natural 
samples (Bau et al., 1996). Y and Ho possess identical valences and very 
similar ionic radii and thus are generally tightly coupled in many 
geochemical processes, such as magmatic and metamorphic processes 
(Bolhar et al., 2005; Pack et al., 2007). However, Y and Ho can be 
substantially fractionated in seawater because of the preferential 

scavenging of Ho by suspended particles, such as Fe-Mn oxides (Bau 
et al., 1997; Nozaki et al., 1997). This process may produce a high Y/Ho 
ratio in seawater, which is typically between 50 and 70 depending on 
the salinity (Nozaki et al., 1997). However, the Y/Ho ratio decreases 
from 55 in an oxic water column to 36 under anoxic conditions (Bau 
et al., 1997). The MY and ZY cherts yielded superchondritic Y/Ho ratios 
(32 and 39 on average, respectively), which may demonstrate the 
preferential scavenging of Ho by Fe-Mn oxide particles near a suboxic/ 
anoxic interface, where the reductive dissolution of Mn and Fe occurred 
(Bau et al., 1997; Nozaki et al., 1997), although contamination of 
clastic material in the ZY cherts cannot be excluded. Generally, no 
fractionation occurs between Y and Ho during high-temperature water- 
rock interactions (Bolhar et al., 2005), resulting in a nearly chondritic 
Y/Ho ratio of hydrothermal water (~27; Pack et al., 2007). Therefore, 
the nearly chondritic Y/Ho ratios in the CYP cherts (28 on average) may 
reflect contributions from submarine hydrothermal fluids. Because of 
such hydrothermal influences, the Y/Ho ratios do not indicate redox 
conditions for the formation of the the CYP cherts. 

5.2.2. Indications from iron isotopes 
The Fe-isotope composition of marine sediments is a powerful tool 

for understanding the Fe redox cycle and seawater redox state (Rouxel 
et al., 2005; Severmann et al., 2008; Planavsky et al., 2009; Scholz 
et al., 2014; Sawaki et al., 2018). Although the Fe-isotope composition 
of marine deposits predominantly depends on the redox state of am-
bient seawater, detrital materials and early diagenesis may obscure 
such chemically precipitated signals (Hofmann et al., 2009; Scholz 
et al., 2014). Continental detritus with a high Al concentration often 
yields a δ56Fe value of ~0‰ (0 ± 0.05‰; Beard et al., 2003a), whereas 
chemically deposited sediments with lower Al contents commonly yield 
a wide range of δ56Fe values depending on the specific redox conditions 
during their deposition (Rouxel et al., 2005; Severmann et al., 2008;  
Planavsky et al., 2009). However, no systematic relationship exists 
between the Fe isotopes and Al contents, which indicates that the Fe- 
isotope composition of these cherts was not significantly affected by 
detrital materials (Fig. 9A). During early diagenesis, the primitive Fe 
oxides in surface sediments may be partially redissolved and released 
back into seawater through dissimilatory Fe reduction in anoxic en-
vironments (Severmann et al., 2008; Scholz et al., 2014a). The partial 
reductive dissolution of precipitated Fe oxides yields more positive 
δ56Fe values in the remaining Fe oxides because the released ferrous Fe 
is isotopically light (Beard et al., 2003a; Balci et al., 2006). If significant 
diagenetic alteration occurred in these cherts, a clear negative corre-
lation between the δ56Fe values and Fe/Al ratios may be expected, as in 
the shelf–basin sediments in the Black Sea (Severmann et al., 2008) and 
the Liuhuiwan cherts reported by Fan et al. (2014). However, there 
were no pronounced correlations between the δ56Fe values and Fe/Al 
ratios in any groups of these cherts (Fig. 9B), demonstrating that early 
diagenesis did not significantly change the Fe-isotope compositions of 
these cherts. Many studies have also observed that diagenetic processes 
predominantly involve internal Fe-isotope redistribution and do not 
significantly change the Fe-isotope composition of bulk sediments 
(Staubwasser et al., 2006; Severmann et al., 2008; Scholz et al., 2014;  
Kunzmann et al., 2017). For example, in the northeastern Arabian Sea, 
the δ56Fe values of reactive Fe(III) increase with depth in the surface 
sediments (~0–6 cm) due to diagenesis and then remain constant in 
deeper sediments, whereas the bulk δ56Fe values remain constant 
throughout the sediments (Staubwasser et al., 2006). Similarly, in the 
shelf of the Black Sea, the δ56Fe values of pyrite decrease sharply with 
depth in the surface sediments (~0–5 cm) and then remain constant at 

Fig. 7. The stratigraphic variations in Ce/Ce* ratios and Si and Fe isotopes in the three studied sections (not showing the abnormal δ56Fe value of -0.41‰ in CYP-03). 
The data denoted by blue diamond are the average values of in-situ pyrite with five or more data points from Sawaki et al. (2018), who proposed that these pyrites are 
diagenetic pyrite. The relative positions of these exotic data spots were speculated from Sawaki et al. (2018), in which the total thickness of the Yanjiahe Formation 
was ~40 m, comparable to our MY section. 

Fig. 8. The Ce/Ce* values plotted against the Dy/SmN and Pr/Pr* values. A. 
The dearth of obvious correlations between Ce/Ce* and Dy/SmN ratios reflects 
the negligible impact of diagenetic alteration on Ce anomalies. B. All cherts 
show true negative Ce anomalies except one CYP chert with an abnormally high 
Pr/Pr* value of 2.55 (CYP-10, not presented). 
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greater depths, while the bulk δ56Fe values do not show obvious evo-
lution with depth (Severmann et al., 2008). Severmann et al. (2008) 
and Scholz et al. (2014) suggested that benthic diagenesis can induce 
Fe-isotope differences among regions with prominent redox dis-
crepancies but has negligible effects on the local Fe-isotope signals of 
bulk rocks. Therefore, we argue that most of the studied cherts retained 
the primary Fe-isotope composition from chemical deposition rather 
than from detritus or diagenesis. 

Generally, the Fe-isotope signals of whole rocks depend on the 
redox conditions of ambient seawater when detrital and diagenetic 
influences are excluded. Sediments that are deposited under ferrugi-
nous conditions often yield positive δ56Fe values owing to partial Fe 
oxidation and precipitation (Czaja et al., 2013; Satkoski et al., 2015;  
Sawaki et al., 2018). In contrast, sediments that precipitate in an oxy-
genated environment are expected to record ~0‰ δ56Fe values due to 
complete Fe oxidation and precipitation (Severmann et al., 2008;  
Planavsky et al., 2009; Fehr et al., 2010). In addition, sediments pre-
cipitated in a sulfidic environment are generally characterized by ne-
gative δ56Fe values because of pronounced Fe-isotope fractionation 
from -0.3‰ to -2.8‰ relative to the parent Fe2+ solution (Butler et al., 
2005; Severmann et al., 2008; Rolison et al., 2018). Therefore, the 
universally positive δ56Fe values of the studied cherts (mostly 0.06‰ to 
0.98‰) may indirectly support a ferruginous setting (Czaja et al., 2013;  
Satkoski et al., 2015). In the modern ocean, for example, partially 
ferruginous seawater has been reported near the Rainbow vent and the 

Loihi seamount, where precipitated Fe3+-bearing oxides display posi-
tive δ56Fe values of 0.2–1.2‰ (Severmann et al., 2004; Rouxel et al., 
2005; Sawaki et al., 2018). Moreover, positive δ56Fe values of Fe3+ 

oxides in Archean sedimentary rocks are often used as evidence for 
ferruginous oceans (Planavsky et al., 2012; Czaja et al., 2013). Ac-
cording to Raiswell et al. (2018), the direct identification of ferruginous 
but not sulfidic conditions is based on Fe-speciation analyses (FeHR/ 
FeT > 0.38 and FePy/FeHR < 0.7 in sediments). However, Fe-speciation 
data are suspect if sediments are poor in clastic particles and the total 
Fe content is < 0.5% (Poulton and Raiswell, 2002; Clarkson et al., 
2014; Raiswell et al., 2018). Unfortunately, most of the studied cherts 
were poor in clastic particles and possessed a total Fe of < 0.5%, so 
conducting Fe-speciation analysis was not feasible. Nevertheless, pre-
vious Fe-speciation data indicated that shelf–slope water masses on the 
Yangtze Block were dominated by ferruginous conditions across the 
E–C boundary (Wang et al., 2012b; Wen et al., 2015; Jin et al., 2016;  
Fan et al., 2018). 

Under a ferruginous background, the changeable Fe-isotope com-
positions of the studied cherts primarily depended on the different 
oxidation and deposition proportions of dissolved ferrous Fe. Fe iso-
topic fractionation during abiotic or biotic Fe oxidation mostly follows 
a Rayleigh model and has often been used to quantify the magnitude of 
the oxidation scavenging of dissolved ferrous Fe in an assumed closed 
system (Croal et al., 2004; Planavsky et al., 2009). The δ56Fe value of 
precipitated Fe oxides was defined as δ56FeFe-oxide = δ56Feinitial + ∆ln 
(f) * f/(1 - f), where δ56Feinitial is the initial isotopic composition of Fe 
(II)aq in seawater (0.0‰; Johnson et al., 2008), ∆ is the isotopic frac-
tionation during the oxidation and precipitation of ferric oxides (1.5‰;  
Croal et al., 2004), and f is the fraction of Fe(II)aq that remained in 
solution. Theoretically, the oxidation and deposition proportion of 
dissolved ferrous Fe (1-f) is close to 100% under a completely oxyge-
nated environment and close to 0% under a strictly anoxic but not 
sulfidic environment. The Black Sea, for example, is characterized by a 
redox-stratified water column, in which the level of dissolved Fe2+ 

varies with depth (Lewis and Landing, 1991). The dissolved Fe con-
centration is low in shallow oxic water at depths of 0–80 m 
(0.6–4.6 nmol/L) owing to quantitative Fe oxidation and precipitation 
(Lewis and Landing, 1991). Reductive transformation from Fe3+ to 
Fe2+ in deeper water (85–170 m) causes the dissolved Fe concentration 
to increase systematically with depth (29–297 nmol/L; Lewis and 
Landing, 1991). The Fe3+/Fe2+ chemocline approximately marks the 
upper limit of a ferruginous zone, according to recent redox classifi-
cation and calibration by Algeo and Li (2020). The maximum of 
296 nmol/L may represent the limit of dissolved Fe in seawater. Based 
on these data, (1-f) would change from 0% to 90% under ferruginous 
conditions. 

In the MY section (Fig. 7), the studied cherts in the lower Yanjiahe 
Formation possessed relatively homogeneous δ56Fe values from 0.33‰ 
to 0.58‰, which corresponded to 81–92% oxidation of ambient ferrous 
Fe and indicated a consistently ferruginous (less reducing) environ-
ment. Notably, the studied MY cherts were deposited slightly earlier 
than the ZY and CYP cherts, as discussed in Section 2.3. We missed Fe- 
isotope data for the upper Yanjiahe Formation, which mainly consists of 
limestones with interbedded black shales and is temporally comparable 
to the ZY and CYP cherts (Fig. 2). Sawaki et al. (2018) conducted an in- 
situ Fe-isotope study on diagenetic pyrite in carbonates and black shale 
across the Yanjiahe Formation at the nearby Sandouping section (sev-
eral kilometers from MY section). In their study, the δ56Fe values of 
diagenetic pyrite decreased systematically from ~0.5‰ to ~0‰ 
(average value of the in-situ data) in the upper Yanjiahe Formation 
(Fig. 7). Therefore, the upper Yanjiahe Formation may reveal a pro-
gressive redox shift from a ferruginous (less reducing) to a completely 
oxic environment. 

In the ZY section, the δ56Fe values of the cherts varied but gradually 
decreased from the bottom to the top (Fig. 7), which demonstrates that 
these cherts were deposited under varying redox conditions. The high 

Fig. 9. The δ56Fe values plotted against the Al contents and Fe/Al ratios. A. The 
absence of an obvious correlation between the δ56Fe values and Al contents 
suggests negligible detrital contributions to the δ56Fe values. B. No negative 
correlation between the δ56Fe values and Fe/Al ratios was observed, which 
implies unimportant alteration of the δ56Fe values during diagenesis. The 
shaded area reflects the Fe/Al ratio in modern marine sediments (Severmann 
et al., 2008; Scholz et al., 2014). 
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δ56Fe values from 0.74‰ to 0.99‰ in the lower cherts, corresponding 
to 54–72% oxidation of ambient ferrous Fe, reflect ferruginous (more 
reducing) conditions. In contrast, the low δ56Fe values from 0.44‰ to 
0.54‰ in the upper cherts, corresponding to 83–87% oxidation of 
ambient ferrous Fe, suggest ferruginous (less reducing) conditions. 
Therefore, there were subtle redox changes from more to less reducing 
in an overall ferruginous environment from the bottom to the top along 
the ZY cherts. Such a redox trend towards oxygenation was also re-
cognized in adjacent ZY sections by Zhang et al. (2016) and Li et al. 
(2018), who found redox transitions from anoxic to oxic or suboxic in 
the lower Niutitang Formation. 

The CYP cherts had variable δ56Fe values that increased upwards 
along the chert sequences (Fig. 7). The six lower CYP cherts (CYP-02 to 
CYP-07) may have different degrees of hydrothermal contributions, as 
discussed in Section 5.1. Hydrothermal activity can also affect the Fe- 
isotope composition of marine sediments because hydrothermal fluids 
usually contain high Fe concentrations with negative δ56Fe values 
(Sharma et al., 2001; Beard et al., 2003b). Indeed, one lower CYP chert 
(CYP-03) had an extremely negative δ56Fe value of -0.41‰, which may 
reflect hydrothermal contributions. The oxidation degree of ferrous Fe 
in the six lower CYP cherts was difficult to quantify because the initial 
Fe-isotope compositions of hydrothermal fluids vary widely from 
-0.77‰ to -0.21‰ (Sharma et al., 2001; Beard et al., 2003b). For-
tunately, hydrothermal cherts (CYP-02 to CYP-07) occurred only within 
an ~0.5-m stratigraphic span (the overall sampling span was ~7 m). 
Interestingly, the five upper CYP cherts, which had an ~6.5-m strati-
graphic span, showed large variations in Fe isotopes, with an increasing 
trend from 0.35‰ to 0.98‰ upwards, reflecting the decreasing oxi-
dation of ambient ferrous Fe from 85–91% to 55–68%. Therefore, an 
overall ferruginous environment but with a subtle change from less to 
more reducing may have progressively developed upwards along the 
CYP cherts (Fig. 10). Such a redox trend towards oxygen depletion was 
also recognized at a similar slope location by Chen et al. (2019), who 
found gradual enrichment in reductive species of fixed nitrogen (NH4+) 
from Cambrian Stage 1 and late Stage 2 to the latest Stage 2. 

The Ce/Ce* and Y/Ho ratios demonstrated that these cherts were 
deposited near a suboxic/anoxic interface, where Mn4+ and Fe3+ were 
partially reduced to Mn2+ and Fe2+, respectively (German et al., 1991;  
Lewis and Landing, 1991). Combined with previous studies, ferruginous 
conditions were indirectly identified by the positive Fe isotopes in these 
cherts. According to the calibration of redox classification by Algeo and 
Li (2020), a ferruginous zone may commence at the Fe3+/Fe2+ che-
mocline, but these authors also proposed that ferruginous conditions 
are equivalent to “suboxic-subreduced” conditions, the upper limit of 
which is close to the Mn4+/Mn2+ chemocline. Therefore, the suboxic- 
anoxic conditions reflected by the Ce/Ce* and Y/Ho ratios may ap-
proximate the ferruginous conditions identified by Fe isotopes. How-
ever, the Ce/Ce* and Y/Ho ratios cannot distinguish more subtle dis-
crepancies in overall ferruginous conditions with different levels of 
dissolved ferrous Fe. A possible explanation is that the Fe-isotope 
system is more sensitive to redox changes, and redox changes that can 
be identified by Fe isotopes have not reached the threshold for Ce/Ce* 
and Y/Ho proxies to respond. This is because the redox potential of 
Ce3+/Ce4+ lies between Fe2+/Fe3+ and Mn/Mn4+ (Elderfield and 
Sholkovitz, 1987), and the fractionation of Y/Ho is a side product of the 
formation and deposition of Fe-Mn oxides (Bau et al., 1997). 

5.3. Implications for oceanic chemistry and life evolution 

During the early Cambrian, the oceanic redox conditions on the 
Yangtze Block and their effects on the evolution of life have been ex-
tensively investigated (Wang et al., 2012b; Chen et al., 2015; Wen et al., 
2015; Li et al., 2017; Xiang et al., 2020). Combined with previously 
reported Fe-isotope data, the paleo-ocean may have been marked by a 
stratified redox framework before ~535 Ma in the Cambrian (Fig. 10A). 
At that time (before ~535 Ma), phosphorites below the ~535-Ma 

volcanic tuff (Fig. 2) in the MSC section (inner shelf) documented well- 
oxygenated conditions following their ~0‰ δ56Fe values (Fan et al., 
2016). In contrast, the MY cherts (outer shelf) recorded ferruginous 
(less reducing) conditions, as discussed above. Notably, the lower 
phosphorites in the MSC section and the lower cherts in the MY section 
were preliminarily correlated here and may have been deposited ap-
proximately but not rigorously simultaneously. Assuming that these 
two units were deposited simultaneous, stratified redox conditions in 
the water column may have developed at the Yangtze Block before 
~535 Ma in the Cambrian. Additionally, there was a local intra-plat-
form basin near the MY section during the E–C transition (Fig. 1), which 
may have developed unique water chemistry and potentially affected 
the MY locale. However, Fan et al. (2018) and Xiang et al. (2020) 
showed that slope and basin cherts (YJ, SLK, and CY; Fig. 10A) also had 
ferruginous (less reducing) deposition conditions (~0.3‰ δ56Fe) im-
mediately above the E–C boundary. Therefore, the MY locale may not 
have been significantly affected by the nearby intra-platform basin. It 
can be preliminarily concluded that, before ~535 Ma in the Cambrian, 
the water column on the Yangtze Block was characterized by oxic 
surface water (MSC), below which the seawater was ferruginous (less 
reducing) (MY, YJ, SLK, and CY), similar to the stratified redox fra-
mework in the early Ediacaran ocean (Li et al., 2010). To date, no more 
subtle redox changes have been identified by Fe isotopes on the Yangtze 
Block during this interval. 

During ~535–526 Ma, the Fe-isotope trends indicated spatially 
heterogeneous redox conditions in the water column on the Yangtze 
Block (Fig. 10B), consistent with the observations in previous studies 
(Cai et al., 2015; Zhang et al., 2016; Li et al., 2018; Chen et al., 2019). 
During this period, ~0‰ δ56Fe values in the MSC section (inner shelf) 
indicated completely oxic seawater conditions with ~100% deposition 
of dissolved ferrous Fe (Fan et al., 2016). The outer-shelf MY section 
may have shifted progressively from a ferruginous (less reducing) to a 
completely oxic environment with the quantitative oxidation of dis-
solved ferrous Fe (Sawaki et al., 2018). Notably, we cannot exclude the 
possibility of a local oxygenation signal along the MY section because it 
was close to an intra-platform basin during the E–C transition (Fig. 1). 
However, synchronous oxygenation was recorded in the deeper ZY lo-
cale as discussed below, indicating that the MY locale may have been 
connected to open water masses. At the shelf margin, the ZY cherts 
documented a ferruginous (more reducing) seawater environment, 
where 54–72% of the dissolved ferrous Fe was oxidized at the early 
stage. Subsequently, ferruginous (less reducing) conditions may have 
occurred at the shelf-margin ZY section, as indicated by the ~80–90% 
oxidation of dissolved ferrous Fe. Previous studies also observed similar 
oxygenation processes across the lower Niutitang Formation at shelf- 
margin locations, such as in other nearby ZY sections (Zhang et al., 
2016; Li et al., 2018). Interestingly, the slope CYP cherts recorded the 
opposite trend, changing from less to more reducing conditions in an 
overall ferruginous environment. A similar redox evolution was also 
reported in a slope drill core (ZK2012, Chen et al., 2019). In the deeper 
basin (CY core), the cherts may have experienced steadily ferruginous 
(less reducing) conditions (~0.3‰ δ56Fe) through Cambrian Stages 1–3 
(Xiang et al., 2020). 

Based on these spatially heterogeneous redox conditions, the shelf- 
margin ZY section may have developed a metastable zone of ferrugi-
nous (more reducing) conditions sandwiched within ferruginous (less 
reducing) seawater near ~535 Ma. Although the Fe isotopes in the ZY 
and CYP sections gradually decreased and increased, respectively, we 
cannot determine the strict isochronism. Assuming that these changes 
were simultaneous, a metastable ferruginous (more reducing) zone may 
have shifted down from the shallower ZY section to the deeper CYP 
section. In contrast, assuming that these changes were not strictly si-
multaneous, the varying Fe isotopes may reflect the expansion or con-
traction of a metastable ferruginous (more reducing) zone in the ZY and 
CYP sections. Regardless of the isochronism, a metastable ferruginous 
(more reducing) zone with more reducing conditions may have 
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dynamically occurred at shelf–slope locations on the Yangtze Block 
during the early Cambrian (~535–526 Ma), which may have induced 
the differences in redox conditions along the shelf–slope locations ob-
served in previous studies (Zhang et al., 2016; Cai et al., 2015; Sawaki 
et al., 2018; Chen et al., 2019). Nevertheless, temporal and spatial 
comparisons revealed that the water column on the Yangtze Block may 
have experienced stepwise oxygenation towards the deep water during 
the early Cambrian (~535–526 Ma; Fig. 10). 

The metastable ferruginous (more reducing) zone recognized here 
may have been a variant of a euxinic wedge in the Precambrian oxygen- 
depleted ocean or an analogue of the oxygen minimal zone (OMZ) in 
the modern oxic ocean. In the Precambrian ocean, the development of a 
metastable zone (euxinic wedge) mainly depended on a lateral gradient 
of sulfate concentration because the oceanic sulfate concentration at 
that time was low overall (Li et al., 2010, 2012). However, the for-
mation of an OMZ in the modern sulfate-enriched ocean is primarily 
associated with locally high marine productivity because subsequent 
organic-matter decomposition exhausts local oxygen (Thamdrup et al., 

2012). Previous studies have shown clear increases in the oxygen and 
sulfate concentrations and biological expansion in the early Cambrian 
ocean (Erwin et al., 2011; Cai et al., 2015; Chen et al., 2015), indicating 
that the controls of forming a metastable redox zone may have trans-
formed gradually across the E–C boundary. For example, Feng et al. 
(2014) observed that the formation of a metastable redox zone in the 
water column on the Yangtze Block during Stages 2–3 remained under 
the control of sulfate-concentration gradients, similarly to the Neo-
proterozoic ocean (Li et al., 2010). However, Wen et al. (2015) pro-
posed that the metastable redox zone in the water column on the 
Yangtze Block gradually transformed from a euxinic wedge to an OMZ 
during the early Cambrian (approximately within Stages 2–3). Re-
cently, Hammarlund et al. (2017) also demonstrated that an OMZ-like 
environment occurred in the Chengjiang area during Cambrian Stage 3, 
where and when Chengjiang biota thrived. Moreover, such an OMZ 
redox framework has been observed worldwide (Baltic Basin) 
throughout Cambrian Stages 1–5 (Guilbaud et al., 2018). Together, the 
mechanism of a metastable redox zone during the early Cambrian may 

Fig. 10. Conceptual figure of the stratified 
redox evolution during the early Cambrian 
(before ~535 Ma and ~535–526 Ma), 
marked with the approximate sedimentary 
facies (belts) of our and cited sections in the 
main text (MSC-Meishucun, MY-Muyang, 
ZY-Zunyi, CYP-Chuanyanping, YJ-Yinjiang, 
SLK-Silikou, CY-Chuanye). Before ~535 Ma 
(A), completely oxic seawater occurred only 
in the MSC section, below which seawater 
was mainly ferruginous (less reducing). 
During ~535–526 Ma (B), oxic seawater 
gradually extended to the MY section, 
below which seawater was mainly ferrugi-
nous (less reducing), in which a metastable 
ferruginous (more reducing) zone dynami-
cally occurred at the shelf-slope locations. 
Data sources: MSC (Fan et al., 2016), MY 
(here and Sawaki et al., 2018), ZY (here), 
CYP (here), YJ-Yinjiang (Fan et al., 2018), 
SLK-Silikou (Fan et al., 2018), CY-Chuanye 
(Xiang et al., 2020). 
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have dynamically changed but gradually evolved towards productivity 
control as in the modern ocean, although it is likely to revert to a sul-
fate-control model (Feng et al., 2014). Therefore, our new model, a 
metastable ferruginous (more reducing) zone nested within ferruginous 
(less reducing) seawater, is more likely an OMZ analogue that is asso-
ciated with biological activity (Wen et al., 2015; Hammarlund et al., 
2017). 

The early Cambrian (~535–526 Ma) is characterized by widespread 
small shelly fossils, which represent the initial proliferation of animal 
phyla on Earth (Marshall, 2006; Erwin et al., 2011). At that time, the 
disappearance of the metastable redox zone in the shallower ZY section 
and appearance in the deeper CYP section indicate spatial fluctuation of 
an OMZ-like environment. The OMZ’s vertical expansion and oscillation 
in the modern ocean is mainly associated with fluctuations in oceanic 
oxygen levels, which are triggered by climate change (Stramma et al., 
2008; Moffitt et al., 2014). Additionally, the OMZ’s distribution po-
tentially regulates the habitats available to modern oceanic organisms, 
which in turn affects the OMZ’s evolution (Stramma et al., 2011;  
Bianchi et al., 2013). If the formation of a metastable redox zone de-
pends on biological activity, the spatial shift of the metastable zone 
observed in this study may have been associated with biological mi-
gration. Hammarlund et al. (2017) demonstrated that an OMZ-like 
environmental barrier during the early Cambrian would have restricted 
the migration of benthic communities towards the deeper ocean. 
However, oxygen infiltration and expansion in the ocean would have 
overcome such a restriction on biological migration towards deeper 
water. Li et al. (2017), for example, proposed that significant ocean 
oxygenation during Cambrian Stages 3–4 facilitated biological expan-
sion from shallow-shelf to deep-slope facies on the Yangtze Block. 
Combined with previous studies, stepwise ocean oxygenation towards 
deep water was also recognized in the water column on the Yangtze 
Block during the early Cambrian (~535–526 Ma; Fig. 10). This gradual 
ocean oxygenation may have precluded the complete oxygenation of 
the deep ocean on the Yangtze Block during Cambrian Stage 3 or Stage 
4, as proposed in previous studies (Wang et al., 2012b; Chen et al., 
2015; Xiang et al., 2017). Meanwhile, there was a rapid biological 
evolution of small shelly fossils from assemblage 1 to assemblage 3, and 
their spatial distribution expanded from shelf to slope (Jin et al., 2014). 
Accompanied by oceanic oxygenation, the spatial fluctuation of the 
OMZ-like metastable zone may have regulated biological distribution 
and diversification during the early Cambrian (~535–526 Ma). Biolo-
gical development, in turn, may have contributed to the formation and 
maintenance of an OMZ-like metastable zone, such as that of the 
Chengjiang biota (Hammarlund et al., 2017). Therefore, our model 
provides new insight into redox controls on metazoan diversification in 
the ocean during the early Cambrian. 

6. Conclusions 

Three different origins of lower Cambrian cherts on the Yangtze 
Block were identified in this research. The relatively homogeneous 
δ30Si values (mostly 0.5‰ to 0.9‰) suggest that the MY cherts were 
derived from Si-enriched seawater through the alteration of precursor 
carbonate, reconciling with their seawater-like REE patterns. The ~0‰ 
δ30Si values indicate the ZY cherts were derived from the replacement 
of precursor black shales through extensive seawater-rock interactions, 
during which seawater-like REE patterns were obtained. The six lower 
CYP cherts with partial negative δ30Si values (up to -0.5‰) and high Ba 
contents (up to 9950 ppm) originated from hydrothermal fluids to 
different degrees, whereas the five upper CYP cherts with positive δ30Si 
values (0.4‰ to 1.1‰) and low Ba contents (mostly ≤501 ppm) ori-
ginated from Si-enriched seawater. Therefore, most of the cherts pre-
served seawater chemical signals, except for several lower CYP cherts 
with hydrothermal contributions. The Ce/Ce* and Y/Ho ratios indicate 
that these cherts formed under ferruginous conditions overall, while 
more subtle redox changes were identified by Fe isotopes, namely, 

ferruginous (less reducing) and ferruginous (more reducing). In com-
bination with a previous study, the Yanjiahe Formation in the MY 
section (outer shelf) recorded a redox evolution from ferruginous (less 
reducing) (~0.5‰ δ56Fe) to fully oxygenated (~0‰ δ56Fe) upwards. In 
the Niutitang Formation in the ZY section (shelf margin), the decreasing 
δ56Fe values from 0.99‰ to 0.44‰ indicated a redox change from 
more to less reducing under overall ferruginous conditions over time. 
The Liuchapo Formation in the CYP section (slope) experienced a redox 
shift from less to more reducing conditions over time as the δ56Fe va-
lues increased from ~0.43‰ to 0.98‰. Temporal and spatial com-
parisons of our and previously studied sections revealed a stratified 
redox framework for the early Cambrian ocean. Before ~535 Ma in the 
Cambrian, the seawater column was primarily characterized by surface 
oxic conditions and mid-deep ferruginous conditions. During 
~535–526 Ma, oxic seawater progressively expanded to the outer shelf 
(MY section) and a metastable ferruginous (more reducing) zone oc-
curred at the shelf-margin ZY section but subsequently shifted down to 
the slope CYP section. Therefore, a metastable redox zone may have 
dynamically occurred at shelf–slope locations on the Yangtze Block 
during the early Cambrian, which was likely an analogue of the modern 
OMZ that is associated with biological activity. The occurrence and 
spatial fluctuation of the metastable redox zone from the shelf-margin 
ZY to the slope CYP may reflect ocean oxygenation and biological ex-
pansion towards deeper water during the early Cambrian 
(~535–526 Ma). This progressive oxygenation may be a prelude to the 
oxygenation of the Nanhua Basin during Cambrian Stage 3 or Stage 4, 
as proposed in previous studies. Therefore, our model provides new 
insight into redox controls on metazoan diversification in the ocean 
during the early Cambrian, although more detailed research is still 
necessary. 
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